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as shown by the wealth of papers published in the various meteorological
journals. Often these developments take many years to make it into academic
textbooks, by which time the science itself has moved on. At the same time,
the underpinning principles of atmospheric science are well understood but
could be brought up to date in the light of the ever increasing volume of new
and exciting observations and the underlying patterns of climate change that
may affect so many aspects of weather and the climate system.

In this series, the Royal Meteorological Society, in conjunction with Wiley-
Blackwell, is aiming to bring together both the underpinning principles and
new developments in the science into a unified set of books suitable for
undergraduate and postgraduate study as well as being a useful resource for
the professional meteorologist or Earth system scientist. New developmentsin
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Preface to the Third Edition

The third edition of The Atmosphere and Ocean is a major revision of the material
in previous editions to reflect the very significant changes in the subject. In
particular chapters on mathematical modelling and climate change have been
added to the new edition. Furthermore, problems and their solutions have
been provided for each chapter, which some readers may find useful.

The book is not an exhaustive account of the subject but reflects my interests
over the last 40 years in teaching and research of the ocean and atmosphere. I
hope it may continue to instil enthusiasm and fascination for a subject which
continues to challenge humankind in the 21% century.

I wish to thank the following people: Kate Davis for the drafting and
improvement of the figures, Helen Wells for suggesting improvements to the
earlier chapters, and Jenny Wells for careful checking of the final manuscript.

Finally I would like to thank the team at John Wiley, both in Chichester,
U.K. and Singapore, who have provided a high level of professional support
during the development and the production of this edition.






1

The Earth within the Solar System

1.1 The Sun and its constancy

Any account of the Earth’s atmosphere and ocean cannot be regarded as
complete without a discussion of the Sun, the solar system and the place
of the Earth within this system. The Sun supplies the energy absorbed by
the Earth’s atmosphere-ocean system. Some of Sun’s energy is converted
directly into thermal energy, which drives the atmospheric circulation. A
small portion of this energy appears as the kinetic energy of the winds which,
in turn, drives the ocean circulation. Some of the intercepted solar energy is
transformed by photosynthesis into biomass, a large proportion of which is
ultimately converted into heat energy by chemical oxidation within the bodies
of animals and by the decomposition and burning of vegetable matter. A very
small proportion of the photosynthetic process produces organic sediments
which may eventually be transformed into fossil fuels. It is estimated that
the solar radiation intercepted by the Earth in seven days is equivalent to the
heat that would be released by the combustion of all known reserves of fossil
fuels on the Earth. The Sun, therefore, is of fundamental importance in the
understanding of the uniqueness of the Earth.

The Sun is a main sequence star in the middle stages of its life and was
formed 4.6 x 10” years ago. It is composed mainly of hydrogen (75% by mass)
and helium (24% by mass); the remaining 1% of the Sun’s mass comprises
the elements oxygen; nitrogen; carbon; silicon; iron; magnesium and calcium.
The emitted energy of the Sun is 3.8 x 10%® W and this energy emission arises
from the thermonuclear fusion of hydrogen into helium at temperatures
around 1.5 x 107 K in the core of the Sun.

In the core, the dominant constituent is helium (65% by mass) and the
hydrogen content is reduced to 35% by mass as a direct result of its consump-
tion in the fusion reactions. It is estimated that the remaining hydrogen in
the Sun’s core is sufficient to maintain the Sun at its present luminosity and
size for a further 4 x 107 years. At this stage it is expected that the Sun will
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2 The Atmosphere and Ocean

expand into a red giant and engulf all of the inner planets of the solar system
(i.e. Mercury, Venus, Earth and Mars).

There exists a high-pressure gradient between the core of the Sun and its
perimeter, and this is balanced by the gravitational attraction of the mass
of the Sun. In the core, the energy released by the thermonuclear reaction
is transported by energetic photons but, because of the strong absorption
by peripheral gases, most of these photons do not penetrate to the surface.
This absorption causes heating in the region outside the core. In contrast, the
outer layers of the Sun are continually losing energy by radiative emission
into space in all regions of the electromagnetic spectrum. This causes a large
temperature gradient to develop between the surface and the inner region
of the Sun. This large temperature gradient produces an unstable region and
large scale convection currents are set up that transfer heat to the surface of
the Sun. The convection currents are visible as the fine grain structure, or
granules, in high resolution photos of the Sun’s surface. It is thought that the
convection currents have a three-tier structure within the Sun. The largest
cells, 200 x 10° km in diameter are close to the core. In the middle tier the
convection cells are about 30 x 10° km in diameter and at the surface they
are 1 x 10% km. The latter cells have a depth of 2000 km. In each cell, hot gas
is transported towards the cooler surface, whilst the return flow transports
cooler gases towards the interior.

Almost all of the solar radiation emitted into space, approximately 99.9%,
originates from the visible disc of the Sun, known as the photosphere. The
photosphere is the region of the Sun where the density of the solar gas is
sufficient to produce and emit a large number of photons, but where the
density of the overlying layers of gas is insufficient to absorb the emitted
photons. This region of the Sun has a thickness of approximately 500 km but
no sharp boundaries can be defined. The radiative spectrum of the Sun, when
fitted to a theoretical black body curve, gives a black body temperature of
6000K, although the effective temperature, deduced from the total energy
emitted by the Sun, gives a lower temperature of 5800 K.

The photosphere is not uniform in temperature. The lower regions of the
photosphere have temperatures of 8000K, whilst the outer regions have
temperatures of 4000 K. Furthermore, the convection cells produce horizontal
temperature variations of 100K between the ascending and descending
currents of solar gas. Larger convection cells also appear in the photosphere
and they have diameters of 30000 km. They appear to originate from the
second tier of convection within the Sun. The appearance of sunspots gives
rise to horizontal variations of 2000 K within the photosphere. The inner
regions of the sunspots have black body temperatures of 4000 K. Sunspots
have diameters of 10000-150 000 km and they may last for many weeks. It
is thought that the ‘sunspot’ causes a localised suppression of the convection
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and therefore leads to a reduction in the transfer of heat into the photosphere
from the interior. However, although the sunspot features are dramatic, they
occupy less than 1% of the Sun’s disc and therefore the effect on the luminosity
of the Sun is small.

Beyond the photosphere lies the chromosphere where the temperature
decreases to a minimum of 4000 K at 2000 km above the photosphere and
then increases sharply to a temperature of 10° K at a height of 5000 km in the
region of the corona. However, because of the low density of the gas in this
region, the radiation emitted from the chromosphere and the corona only
amount to 0.1% of the total radiation from the Sun.

These different temperature zones of the Sun can be observed in the solar
spectrum (Figure 1.1). The visible and infra-red radiation emitted from the
photosphere follow reasonably closely the black body curve for a temperature
of 5800 K. However, substantial deviations from the theoretical curve occur in
the X-ray and radio wavebands, and lesser deviations occur in the ultraviolet
spectrum. The high temperature of the corona is responsible for the intense
X-ray band, whilst the high radio frequency energy is associated with the
solar wind and solar activity. However, the energy in these wavebands is
a negligible fraction of the total emitted energy and therefore these very
variable regions of the spectrum have little direct influence on the total
solar energy received on the Earth. The depletion of energy in the ultraviolet
spectrum is the result of emission at a lower temperature than the photosphere
and therefore probably originates in the temperature minimum of the lower

Solar radiation

Log A E; (Wm™)

Log A (in pm)

Figure 1.1 Solar spectrum and blackbody curve: energy distribution of the Sun and a black body
at 5800 K. Reproduced, with permission, from Allen, C.W., 1958, Quarterly Journal of the Royal
Meteorological Society, 84: page 311, figure 3
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chromosphere. Recent observations have shown that the ultraviolet energy
is not constant and shows considerable variability in the short-wave part
of the spectrum amounting to 25% of its average value at 0.15um, and 1%
at 0.23um. Again, the amount of energy in this band is relatively small
and contributes less than 0.1% of the total energy. Furthermore, satellite
observations of the solar spectrum since 1978 have demonstrated a 0.1%
variation of the solar output over the 11 year sunspot cycle. These variations
are rather small when compared to those produced by orbital variations of the
Earth around the Sun.

1.2 Orbital variations in solar radiation

Let S be the total solar output of radiation in all frequencies. At a distance, 7,
from the centre of the Sun, imagine a sphere of radius  on which the flux of
radiation will be the same (assuming the radiation from the Sun is equal in
all directions). If the flux of radiation per unit area at a distance r is given by
Q(r), then the total radiation on the imagined sphere is 47 r2Q(r).

In the absence of additional energy sources to the Sun

S = 4wr* Q(r) (1.1)
Rearranging:
S
Q(r) = o) (1.2)

In practice, the solar radiation cannot be measured at the Sun but it can be
measured by satellites above the Earth’s atmosphere. Recent determinations
of the flux of radiation per unit area, Q, give a value of 1360 W m—2. Given
that the Earth is approximately 1.5 x 10! m away from the Sun, S can be
calculated to be 3.8 x 10%° W.

Though S is the true solar constant, in meteorology Q is defined as the solar
constant of the Earth. Table 1.1 shows the value of the solar constant obtained
for other planets in the solar system. It is noted that the dramatic changes in
the solar constant between the Earth and our nearest planetary neighbours,
Mars and Venus, merely serve to highlight the uniqueness of the position
of the Earth in the solar system. At the radius of Pluto (some 39 Earth-Sun
distances), the flux of the radiation from the Sun is less than 1 Wm™2.

The radiation incident on a spherical planet is not equal to the solar constant
of the planet. The planet intercepts a disc of radiation of area 7a?, where a
is the planetary radius, whereas the surface area of the planet is 47a®. Hence
the solar radiation per unit area on a spherical planet is

Qma> _ Q

== 1.3
47a? 4 (1.3)
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Table 1.1 Radiative properties of terrestrial planets. Q is the solar
irradiance at distance r from the Sun, « is the planetary albedo, T, is the
radiative equilibrium temperature and T is the surface temperature

r(10°m) QWm™2) o Te(K) To(K)
Venus 108 2623 0.75 232 760
Earth 150 1360 0.30 255 288
Mars 228 589 0.15 217 227

The average radiation on the Earth’s surface is 340 Wm™2. The above
discussion assumes the total absence of an atmosphere and that the Earth is
a perfect sphere in a spherical orbit.

The three geometrical factors which determine the seasonal variation of
solar radiation incident on the Earth are shown in Figure 1.2. The Earth
revolves around the Sun in an elliptical orbit, being closest to the Sun, i.e.
at perihelion, about 4 January and farthest from the Sun, i.e. at aphelion,
on 4 July. The eccentricity, represented by the symbol ¢, of the present day
orbit is 0.017. At aphelion, it can be shown that

Taphelion = (1+e)r

where 7 is the mean distance between the Earth and the Sun.

As the incident radiation is inversely proportional to the square of the
Earth’s distance from the Sun, it can also be shown that, at aphelion, the
radiation received by the Earth is 3.5% less than the annual average, whilst

Normal to plane of the ecliptic

~
J€\7@e of Earth's ~ ~
- axial tilt
Solstice &T \9&/ \\ ‘
Al
\ o ----£ 7 Solstice
L /7
S
S~

Equinox*\

Figure 1.2 Geometry of the Earth—Sun system. The Earth’s orbit, the large ellipse with major
axis AP and the Sun at one focus, defines the plane of the ecliptic. The plane of the Earth’s axial
tilt (obliquity) is shown passing through the Sun corresponding to the time of the southern summer
solstice. The Earth moves around its orbit in the direction of the solid arrow (period one year) whilst
spinning about its axis in the direction shown by the thin curved arrows (period one day). The broken
arrows shown opposite the points of aphelion (A) and perihelion (P) indicate the direction of the very
slow rotation of the orbit. Reproduced, with permission, from Pittock, A.B. et al. eds, 1978, Climate
Change and Variability: A Southern Perspective, Cambridge University Press: page 10, figure 2.1
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at perihelion it is 3.5% greater than the annual average. Therefore the total
radiation incident on the Earth over the course of one year is independent
of the eccentricity of the Earth’s orbit. The long-term variation in eccentricity
indicates changes of 0.005-0.060 occurring with a period of 100000 years.
This would produce changes of up to 10% in the radiation incident on the
surface of the Earth at perihelion and aphelion.

However, the angle of tilt (¢) of the Earth with respect to the plane of
rotation of the Earth’s orbit, i.e. the obliquity of the ecliptic, is the dominant
influence on the seasonal cycle of solar radiation (Figure 1.3). It not only
determines the march of the seasons, but it is also important in determining
the latitudinal distribution of the climatic zones. At the present time, the
angle is 23.5°, which is similar to the obliquity of Mars. It can be shown
that the amplitude of the seasonal variation in the solar radiation is directly
proportional to the obliquity. If the obliquity were reduced, there would be
a reduction in the amplitude of the seasonal solar radiation cycle, and if

Winter Vernal Summer Autumnal Winter
Solstice Equinox Solstice Equinox Solstice
Dec Feb March May June Aug Sept Nov Dec
22 4 21 6 22 8 23 8 22

80 /
0 500
70
60
50
40
30 nofs.
— 4

20

£ o / \
20 —~—
_30 /\
40
o f
60 260

100

-80

90 &

270° 315°  0° 45°  90° 135° 180° 225° 270°
Longitude of the Sun

Figure 1.3 Solar radiation in W m~2 arriving at the Earth’s surface, in the absence of an atmosphere,
as a function of latitude and time of year at 2000 A.D. Reproduced, with permission, from Hess, S.L.,
1959, Introduction to Theoretical Meteorology, Holt, Rinehart & Winston: page 132, figure 9.1
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the obliquity were zero, the seasonal variation would depend solely on the
eccentricity of the orbit.

The obliquity has varied between 22° and 24.5° over the past million years
and this variation has a total period of 41000 years. Such variations cannot
influence the total radiation intercepted by the Earth, but they will exert an
influence on the seasonal cycle.

The third parameter which affects the seasonal cycle is the longitude of the
perihelion, measured relative to the vernal equinox. It precesses by 360° in a
period of 21000 years. Therefore, in about 10500 years” time, the Earth will
be closest to the Sun in July and farthest away in January.

The sensitivity of the global temperature to the seasonal cycle, which arises
from ice, cloud and ocean feedback processes, indicates that these changes
may be sufficient to initiate long term changes in climate and, in the most
extreme cases, ice ages (Figure 1.4).

Milankovitch Cycles

25 T T T T T T T T T T T T T T T
3 H 41 Kyr
23 Yy
(deg)
21+ 1.05
\/M\MW\M e Eccentricity
1 o 95,125, 400 Kyr
sin (@) '
-1 .05
e sin (o)
I o )
Precession
19, 22, 24 Kyr
600 1-.05
;,E—J cjday
® | (Wm?)
400 13
- benthic forams 5180
14 (%)
2+ 15
AT ol <— Vostok ice core
(K)
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-4
-800 -600 -400 -200 0 200 400 600 800
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Figure 1.4 Pastand future Milankovitch cycles ¢ is obliquity (axial tilt), e is eccentricity, @ is longitude
of perihelion. esin(z) is the precession index, which together with obliquity, controls the seasonal

cycle of insolation. Qdayis the calculated daily-averaged insolation at the top of the atmosphere, on the
day of the summer solstice at 65N latitude. Benthic forams and Vostok ice core show two distinct
proxies for past global sea level and temperature, from ocean sediment and Antarctic ice respectively.
Vertical gray line is current condition, at 2 ky A.D. See plate section for a colour version of this image
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Milankovitch, a Serbian scientist, recognized the relationship between the
variations in the Earth’s orbit around the Sun and climate change over the last
two million years. In particular, he determined the orbital conditions which
would lead to the initiation of an ice age over the Northern Hemisphere
continents. He reasoned that a reduction in solar radiation during the polar
summer would lead to a reduction in summer melting of the snow cover.
This, in turn, over many years, would lead to the build up of ice over the
continents. The optimum orbital conditions for this reduction in the summer
solar radiation are:

(i) That aphelion occurs during the Northern Hemisphere summer.

(ii) That the eccentricity be large, to maximise the Earth—Sun separation at
aphelion.

(iii) That the obliquity be small.

These three factors would act to decrease the amplitude of the solar
radiation cycle and therefore reduce the solar radiation in summer at high
latitudes in the Northern Hemisphere. However, all of these factors would
tend to lead to an increase in solar radiation in the Northern Hemisphere
winter. Comparison of the orbital parameters with long term temperature
records, deduced from the dating of deep ocean sediment cores, indicate that
there is a good statistical agreement with the theory.

1.3 Radiative equilibrium temperature

The inner planets of the solar system have one common attribute — the
lack of a major source of internal energy. It is, of course, true that there
is a steady geothermal flow of energy from the interior of the Earth as a
result of radioactive decay in the Earth’s core, but this energy flow is less
than 0.1Wm~2 and can be compared with an average solar heat flux of
340 W m™2. What, then, is the fate of this steady input of solar energy?
On average, about 30% is scattered back into space by clouds; snow; ice;
atmospheric gases and aerosols, and the land surface, leaving 70% available
for the heating of the atmosphere, the ocean and the Earth’s surface. However,
the annual average of the Earth’s temperature has not changed by more
than 1K over the past 100 years. Why, then, have the temperatures of
the atmosphere and ocean not increased? The observation that both the
temperatures of the atmosphere and the ocean have remained relatively
constant implies that energy is being lost from the ocean, the atmosphere and
the Earth’s surface at approximately the same rate as it is being supplied by
the Sun. The only mechanism by which this heat can be lost is by the emission
of electromagnetic radiation from the Earth’s atmosphere into space. If it
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is assumed that the Earth can be represented by a black body, then it is
possible to apply Stefan’s law to the electromagnetic emission of the Earth.
Stefan’s law states that the total emission of radiation from a black body over
all wavelengths is proportional to the fourth power of the temperature, i.e.
E = o T*, where o is the Stefan — Boltzmann constant. For the emission by the
Earth of an amount of radiation equal to that received from the Sun, there
can be defined a radiative equilibrium temperature, Te.

If Q/4is the energy flux from the Sun and « is the fraction of solar radiation
reflected back into space, known as the planetary albedo, then for the Earth’s
system in thermal equilibrium:

<%> (l1-a)=0Ts: (1.4)
where 0 =5.67 x 1078 Wm~2K~*. By inserting & = 0.3 and Q/4 =340 Wm~2,
a radiative temperature of 255 K or —18°C can be calculated.

This temperature is lower than might be expected. The mean surface
temperature of the Earth is 15°C, or 288K, and so it is clear that the
radiative temperature bears little direct relationship to the observed sur-
face temperature. This is because most of the planetary radiation is emitted
by the atmosphere, whilst only a small fraction originates from the surface
of the Earth. The temperature of the atmosphere decreases by 6.5 Kkm~! from
the surface to the tropopause, 10 km above the Earth’s surface, and therefore
the radiative equilibrium temperature corresponds to the temperature at a
height of 5 km.

The Wien displacement equation enables the calculation of the wavelength
of maximum radiation, Amax, and it states that

AmaxT = 2897 um K (1.5)

If the radiative temperature, T. = 255K, is substituted in this equation, then
Amax is calculated to be approximately 11 um, which lies in the middle part of
the infra red spectrum. In this region of the electromagnetic spectrum, water
and carbon dioxide have large absorption bands so that all substances con-
taining water are particularly good absorbers of radiation in the middle infra
red. As far as emission is concerned, water has an emissivity of 0.97, which
means that it emits radiation at the rate of 97% of the theoretical black body
value. Hence clouds, which are composed mainly of water droplets, are good
infra red emitters. The prevalence of liquid water and water vapour in the
Earth’s atmosphere therefore leads to the strong absorption and re-emission
of radiation. This ability of water to absorb and re-emit radiation back to the
Earth’s surface results in the higher observed mean surface temperature. If
the atmosphere was transparent to the emitted planetary radiation, then the
surface temperature would be close to the radiative equilibrium temperature.
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The temperature of the surface of a planet without an atmosphere, such
as Mercury, would be observed to have a surface equilibrium temperature
equal to that of the radiative equilibrium temperature. Table 1.1 shows the
radiative equilibrium temperatures for Mars and Venus, as well as their
surface temperatures. The surface temperatures are higher than the radiative
temperatures. On Mars the atmospheric mass is smaller than that of Earth
by two orders of magnitude and therefore, though carbon dioxide absorbs
and re-emits planetary radiation back to the surface, a surface warming of
only 19K is produced. However, on Venus the surface temperature of 760K
is sufficient to melt lead, in spite of the fact that the radiative equilibrium
temperature is less than that of the Earth. This low radiative equilibrium
temperature is caused by the reflection of 77% of the incident solar radiation
back into space by the omnipresent clouds, which are not composed of water
droplets as they are on Earth. Therefore, although the planet receives less
net solar radiation than the Earth, it has a surface temperature 472K higher.
This is the result of the massive carbon dioxide atmosphere, which absorbs
virtually all of the radiation emitted by the surface and re-emits it back to the
surface. Furthermore, it is known that clouds of sulphuric acid also enhance
this warming effect.

The ability of an atmosphere to maintain a surface temperature above
the radiative equilibrium temperature is commonly known as the
‘greenhouse effect’.

It is clear that, although the distance from the Sun determines the energy
incident on an atmosphere, the mass and the constituents of that atmosphere
are also important factors in the determination of the surface temperature of
the planet.

1.4 Thermal inertia of the atmosphere

The thermal inertia of the atmosphere gives an indication of how quickly
the atmosphere would respond to variations in solar radiation and it is
therefore of importance in the understanding of climatic change. Consider an
atmosphere having a mass M, per unit area, and a specific heat at constant
pressure, Cp. The thermal inertia of the atmosphere is MCp.

Initially, the atmosphere is in thermal equilibrium and therefore the solar
radiation absorbed by the atmosphere is in balance with the emission of long
wave planetary radiation into space (equation 1.4).

Now consider a situation where heat is suddenly added to the atmosphere,
for example, as the result of burning fossil fuels or by a large thermonuclear
explosion. How long would the atmosphere take to regain its former equilib-
rium? If all the heat were liberated at the same time, then the atmosphere’s
temperature would increase suddenly by AT. The planetary radiation emitted
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into space would now be o' (Te + AT)* and therefore more radiation would be
emitted than received from the Sun. This deficit implies that the atmosphere
would cool. The rate of temperature change, dT/dt, is proportional to the net
difference between the emitted planetary radiation and the solar radiation
and thus:

ar

MCp— = —0(Te + AT)* + %1 —a)

Rearranging and substituting from equation 1.4:

dT . AT\* .
MCPE:_UTG 1+T—e +O'Te

Expanding by the binomial expansion

dT 4AAT ATT? AT TATTH
MC———aT§<1+ +6[—} +4[—] +[—] +oT?

P dt - Te Te Te Te

Providing that AT/Te <« 1, then the higher order terms in the above
expression can be neglected. Therefore, retaining only the first order terms:

dT
MCp— = —oT?
Par — e,
Since T = T + AT, where T, is independent of time, then:
dT dAT

dt ~ dt

Hence:

dAT 4ng)AT (16)
it \MGp '

The solution of the above equation is:
AT(t) = ATgexp(—t/1) (1.7)

where ATj is the initial temperature perturbation at t =0 and 1 is known as
the radiation relaxation time constant.

4o T3

TR (1.8)

For Earth’s atmosphere, where M = 10.316 x 10°kgm™2, o = 5.67 x
108 Wm2K#, Cp =1004] kg*l K='and T. = 255K, tr can be calculated to
be 2.7 x 10°s or 32 days.



12 The Atmosphere and Ocean

From equation 1.7:
AT = ATOe_1 att =1,
AT = AToe_2 att = 2t;R
AT = ATpe%at t = 31y

For an initial temperature perturbation of 1K, equivalent to the instanta-
neous burning of 160 x 10°t of coal, then after approximately 32 days, the
temperature perturbation will be reduced to 0.37 K; after 65 days it will be
0.13 K and after 96 days it will be 0.05 K. For the Earth’s atmosphere, therefore,
the colossal excess of heat will be lost by planetary radiation to space within
100 days and the Earth’s radiative equilibrium will be restored.

Although this particular problem is hypothetical, the concept is a useful
one for understanding the response of the atmosphere to changes in the
radiative balance caused by daily and seasonal variations in solar radiation.
For instance, because the radiative time constant is much greater than 1 day,
the lower part of the Earth’s atmosphere (wherein is located the major part
of the mass of the atmosphere) does not respond significantly to the daily
variation in solar radiation. However, for seasonal variations, where the solar
radiation changes are of a longer period than the radiative time constant, there
will be a significant response in the radiation temperature of the atmosphere.

Table 1.2 shows a comparison of the radiative time constants of Mars,
Venus and the Earth. On Mars, because of the small thermal inertia, the
diurnal variation of temperature at the surface is very large and, as a result,
large thermal tides are set up in the atmosphere.

This phenomenon is also found in the upper reaches of the Earth’s atmo-
sphere, where the atmospheric mass is small and the thermal capacity is
reduced. However, on Venus the diurnal variation in temperature is only
1-2K because of the very large radiative time constant, even though the
Venusian day is 243 Earth days long.

It must, of course, be remembered that the seasonal change in temperature
on Earth is modified by the thermal capacity of the ocean. The thermal capac-
ity of the atmosphere is equivalent to 2.6 m of sea water, and therefore it can
be seen that the thermal capacity of the ocean is equivalent to approximately

Table 1.2 Radiative time constant, 7R for the terrestrial planets. C;, is the specific heat
at constant pressure, p is the surface pressure and g is the acceleration due to gravity

Glkg' K™ p(hPa) g(ms™?) tr(days)
Venus 830 93000 8.9 3550
Earth 1004 1013 9.8 32

Mars 830 6 3.7 |
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1600 atmospheres. However, during the seasonal cycle, only the upper 100 m
of the ocean is affected significantly and therefore the thermal capacity is
equivalent to only 38 atmospheric masses, giving a thermal relaxation time of
approximately 3.5 years. This simple sum suggests that the ocean is respon-
sible for a major modification of the seasonal cycle of temperature in the
atmosphere. An example of the oceanic influence is shown in Figure 1.5.
The flux of the long wave radiation from the top of the atmosphere gives
an indication of the seasonal change in temperature. In the Northern Hemi-
sphere, where the largest ratio of continents to land exists (Figure 1.10 shows
about 70% is land at 60°N), there is a large change of approximately 40K in
the radiation temperature during the seasonal cycle, whilst in the Southern
Hemisphere between 30° and 60°S, where the continental area is less than
10%, there is only a small change in radiation temperature during the year.
The most continental region benefits from amelioration in its seasonal climate
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Figure 1.5 Seasonal variation of the zonal mean long-wave radiation flux, W m~2, measured
by satellite from July 1975 to December 1976. A flux of 260 W m~2 corresponds to a radiation
temperature of 260 K, whilst a flux of 160 W m~2 is equivalent to a temperature of 230 K. Reproduced,
with permission, from Jacobowitz, H. et al., 1979, Journal of Atmospheric Science, 36: page 506,
figure 6
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brought about by the ocean. Even in Siberia, the winters are not as severe as
they would be if the ocean did not exist.

1.5 Albedo

The planetary albedo is the ratio of the reflected (scattered) solar radiation
to the incident solar radiation, measured above the atmosphere. As this
reflected radiation is lost immediately from the Earth-atmosphere system,
the accurate determination of planetary albedo is important in the calculation
of the amount of solar radiation absorbed by the system, and therefore the
climate of the Earth. On average, the global albedo is 30% (+2%). This value
has been determined from a number of satellite measurements over a period
of many years. The global albedo is not constant but varies on both seasonal
and interannual time scales by approximately 2%. Observations have shown
that the albedo is a maximum in January and a minimum in July. If the
cloud and surface distributions were similar in both hemispheres, then no
annual variation would be expected. However, because of the large seasonal
cycle in snow extent over the Northern Hemisphere continents, particularly
over the Eurasian land mass, and the seasonal cycle of cloud in the Northern
Hemisphere, the global albedo has a seasonal component.
The latitudinal variation in albedo is determined by:

(i) The elevation of the Sun.
(ii) The distribution and type of cloud.
(iii) The surface albedo.

At latitudes less than 30°, the planetary albedo is relatively constant at
25% but it then increases with latitude to a maximum value of 70% over the
Poles. However, because the polar regions occupy less than 8% of the Earth’s
surface, the value of the global albedo is weighted to the albedo of the middle
and low latitudes. It is noted that the latitude distributions in the albedo in
the Northern and Southern Hemispheres are similar, despite the difference
in land and sea distribution between the two hemispheres. This indicates
that the cloud distributions in both hemispheres have a dominant influence
over the surface variations in albedo in determining the planetary albedo
(see Figure 1.6).

The long term latitudinal variation in absorbed solar energy and the emitted
planetary variation are depicted in Figure 1.7a. The absorbed solar energy
has a maximum value of 300 W m~2 in low latitudes. The planetary radiation,
which is dominated by emission from the lower troposphere, shows a decrease
with latitude that occurs at a slower rate than the decrease in absorbed solar
radiation. If the atmosphere were in radiative balance at each latitude, the
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Figure 1.6 Planetary and surface albedo (%) expressed as a function of latitude. The planetary albedo
is the fraction of incident solar energy reflected back into space, by the atmosphere and the Earth’s
surface

two curves should be identical. However, the solar absorption exceeds the
planetary emission between 40°N and 40°S, and therefore there is a net excess
in low latitudes and a net deficit at high latitudes (i.e. poleward of 40°). This
latitudinal imbalance in radiation implies that thermal energy (heat) must be
transferred from low to high latitudes by the circulation of the atmosphere
and ocean. In effect, the atmosphere and oceanic circulations are maintaining
higher atmospheric temperatures polewards of 40° than can be maintained
by solar absorption.

To obtain the transport of heat by the atmosphere and ocean, the net
radiation at each latitude, i.e. the difference between the absorbed solar
radiation and the emitted planetary radiation, is integrated from pole to pole
(Figure 1.7b). Thus, it is possible to determine the poleward transport of heat
from satellite radiation measurements, but it is not possible to distinguish
what proportion of heat is transferred by the atmosphere and what proportion
by the ocean. It is noted that the maximum transfer of heat occurs between
30° and 40° of latitude and is approximately 5 x 101> W.

Seasonal variations in the surface albedo are significant, particularly in
the middle and high latitudes of the Northern Hemisphere, and arise from
changes in snow and cloud cover. At 60°N the albedo varies from 65% in
February to less than 40% in July, as a result of the seasonal variation in snow
cover. In the Southern Hemisphere the seasonal cycle is not so pronounced
but a minimum in albedo can be observed in March at 60°S, which is probably
associated with the minimum sea ice extent around Antarctica. The emitted
planetary radiation shows a strong asymmetry between the Southern and
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Figure 1.7 (a) Radiation balance of the Earth—atmosphere system as a function of latitude. The thin
broken curve indicates an equivalent radiative temperature (centre scale) for each latitude band to be
individually in balance with the absorbed solar radiation (heavy broken curve). The thin solid curve
shows the actual observed long-wave radiation emitted to space as a function of latitude; (b) Poleward
energy transfer within the Earth — atmosphere system needed to balance the resulting meridional
distribution of net radiative gains (hatched) and losses (stippled) as indicated in (a). Note that the
horizontal scale is compressed towards the poles so as to be proportional to the surface area of
the Earth between latitude circles. Reproduced, with permission, from Pittock, A.B. et al. eds, 1978,
Climate Change and Variability: A Southern Ocean Perspective, Cambridge University Press: page 12,
figure 2.1.2

the Northern Hemispheres, which is the result of the different land-sea
distributions in each hemisphere.

The net radiation budget, illustrated in Figure 1.8, indicates substantial
seasonal variation as the result of the seasonal solar distribution. The zero
contour varies from 15° to 70° latitude, thus showing that the zone for
maximum heat transport will also vary during the seasonal cycle. The
maximum net radiation gain varies between 30°S and 30°N, and is larger in
the Southern Hemisphere than in the Northern Hemisphere.

The surface albedo, as has been shown, makes an important contribution
to the planetary albedo although the cloud distribution is, without doubt, the
dominant influence. However, the amount of solar radiation absorbed by the
surface, and therefore the surface temperature, are strongly influenced by
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Figure 1.8 Seasonal variation of zonal mean net (solar-longwave) radiation budget, W m~2, measured
by satellite from July 1975 to December 1976. Reproduced, with permission, from Jacobowitz, H. et al.,
1979, Journal of Atmospheric Science, 36: page 506, figure 7

the albedo of that surface. The albedo of any particular surface depends on
the following factors:

(i) The type of surface.
(ii) The solar elevation and the geometry of the surface relative to the Sun.
(iii) The spectral distribution of the solar radiation and the spectral reflection.

Table 1.3 shows typical values of the surface albedo. For a calm tropical sea
surface, where the Sun’s elevation is high, the albedo can be as low as 2%,
and therefore the oceans are generally very good absorbers of solar radiation
in comparison with most types of land surface. Forests and wet surfaces
generally have low albedos whilst deserts and snow-covered surfaces have
high albedos. The surface albedo is also a function of the spectral reflectivity
of the surface, and variations between visible and near infra red can be
substantial. For instance, though freshly fallen snow has an albedo greater
than 90% in the visible, at 1.5 pm, in the near infra red, its albedo is only 25%.
Vegetation usually has a low albedo in the visible region but a high albedo in
the near infra red. Although it is useful to be able to derive a single albedo for
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Table 1.3 Albedos for different
terrestrial surfaces

Type of surface Albedo%
Ocean 2-10
Forest 6—18
Grass 7-25
Soil 10-20
Desert (sand) 35-45
Ice 20-70
Snow (fresh) 70-80

the solar spectrum, it must be remembered that the solar spectrum incident
on the surface changes with solar elevation and cloud cover, and that the
albedo will also change.

1.6 The topography of the Earth’s surface

The Earth is a spheroid which is slightly distorted by rotation. This distor-
tion amounts to approximately 0.3% of the Earth’s mean radius, with the
equatorial radius being greater than the polar radius, Because of the irreg-
ularities in the Earth’s surface, geophysicists have defined a surface called
the geoid. The geoid is a surface of equipotential gravity. The height of this
surface varies with position relative to the centre of mass of the Earth but
along the surface there is no gravitational force, i.e. the direction of the gravity
force is everywhere perpendicular to the equipotential surface.

The ocean surface would be an equipotential surface if winds; tides;
currents and density variations did not produce deformations in its surface.
Oceanographers, therefore, have defined their reference level in terms of
mean sea level, after the removal of tides and meteorological influences. The
mean sea level has been obtained by long-term observations of the sea level
at coastal stations around the world. With reference to the mean sea level, the
continental surface has a mean altitude of 840 m, whilst the mean depth of
the ocean is 3800 m. This implies that the average height of the Earth’s crust
is 2440 m below sea level.

The relative topography of the Earth’s surface is depicted in Figure 1.9,
where it is noted that the frequency distribution has two maxima; one corre-
sponding to the mean height of the continents and the second corresponding
to an ocean depth of approximately 4500 m. This diagram shows the most
frequent height of the Earth’s crust corresponds to the ocean bottom. The
ocean occupies 70.8% of the Earth’s surface, and 76% of this ocean has depths
between 3000 m and 6000 m.



The Earth within the Solar System 19

6000 ———————————
4000 -

2000 —

Height (m)

2000

4000

Depth (m)

6000

i | -
0 4 8 12 16 20 24
Frequency (%)

Figure 1.9 Frequency distribution of elevation intervals of the Earth’s surface. Reproduced, with
permission, from McLellan, HJ., 1965, Elements of Physical Oceanography, Pergamon Press: page 5,
figure 1.2

These depths are known as the abyssal depths of the ocean. Of the remaining
24% of the ocean area, 7.5% is occupied by the continental shelf, which is
roughly confined to depths less than 200 m, and 15.3% is occupied by the
continental slope, which is the transition region between the continental
shelf and the abyssal ocean. Only 1.1% of the ocean has depths greater than
6000 m and only 0.1% has depths greater than 7000 m. This small percentage
is associated with ocean trenches, whose depths plunge down to 11500 m in
the Mindanao Trench.

The relative distributions of land and ocean as a function of latitude are
shown in Figure 1.10. It is again noted that the land/sea distribution is
asymmetrical, with over 80% of the total global land area being located in the
Northern Hemisphere and 63% of the global ocean area in the Southern Hemi-
sphere. The continental land masses of North America and Eurasia contribute
to the dominance of land over ocean between 45° and 70°N. At corresponding
latitudes in the Southern Hemisphere are regions where land occupies less
than 3% of the total area, with essentially no land between 55° and 60°S.
Poleward of 70° latitude, the situation is reversed, with the Northern Hemi-
sphere being occupied by the Arctic Ocean and the Southern Hemisphere
being occupied by the continent of Antarctica. It is believed that the presence
of a continent in a polar region is a significant factor in causing glacial cycles
over the past 60 million years. An interesting property of the land/ocean
distribution is that 95% of all land points have antipodes in the ocean.

The distribution of the major topographic features of the globe is shown in
Figure 1.11. The most extensive feature is the continental slope or escarpment
which extends for more than 300000 km, with an average slope of 4°. The
continental slope marks the geological boundary between the older, relatively
thick granitic continental crust and the young, basaltic ocean crust.
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Figure 1.10 Distribution of water and land areas in 5° zones for the Northern and Southern Hemi-
spheres. Reproduced, with permission, from McLellan, H.J., 1965, Elements of Physical Oceanography,
Pergamon Press: page 4, figure |.1

The second most important feature is the mid-ocean ridge system which
has a length of approximately 75000km. The typical width of the ridge
is about 500 km and the height ranges from 1 to 3km above the abyssal
depths. The ridges are regions of newly formed ocean crust, with the crust
moving outwards from the central part of the ridge system. A rift valley
approximately 20-50 km wide, along the central part of the system, is the
region of major crust formation and it is frequently associated with volcanic
and seismic activity. The ocean ridges are of importance in the movement of
deep water masses, because they split the oceans into smaller ocean basins.

In the Atlantic Ocean, the eastern abyssal basins are separated from
the western abyssal basin by the mid-Atlantic ocean ridge. Connections
between the basins, however, occur in the fracture zones which are orientated



The Earth within the Solar System 21

Land above Ry Continental Shelf Ty 200-4000 metres ] > 4000 metres === Major trench
2000 metres SN (200 metres) &\\\ &\\

Figure I.11 The major topographic features of the ocean and the continents

perpendicular to the axis of the ridge. Two important fracture zones in the
Atlantic Ocean are the Romanche gap, close to the equator, which allows
Atlantic Bottom Water to flow into the eastern basins, and the Gibbs fracture
zone at about 53°N, which allows the North Atlantic Deep Water to flow
westward into the Labrador basin. Furthermore, the ridge system has an
influence on oceanic flows above the level of the ridge topography and in
some regions, particularly in the Southern Ocean, its effect extends to the
ocean surface currents.

The relatively low relief of the land masses has already been noted and
only 11% of the land area is above 2000 m. However, there are two significant
features associated with Tertiary mountain building that are worthy of further
comment. These are the Western Cordillera of the American continent, which
has an altitude of over 6km above sea level, and the Himalaya mountain
chain, with altitudes in excess of 8km. These mountain ranges are very
important in their influence on the general circulation of the atmosphere.
Although the atmosphere extends well beyond the highest peaks, 50% of the
atmospheric mass occurs below 5km, and therefore these large mountain
chains have a major disruptive effect on the flow of the lower atmosphere.
The Western Cordillera has a predominantly north-south orientation and this
disrupts the westerly flow for over 5000 km downstream. The Himalayas
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have an east-west orientation which results in an intensification of the zonal
flow and an inhibition of the northward penetration of the Asian monsoon.
Not only is the flow directly affected by the mountain barriers but, because
most of the water vapour in the atmosphere is confined to the lowest 5km,
the geographical distribution of the hydrological cycle is also significantly
affected. Furthermore, the release of latent heat by condensation into the
atmosphere provides a major source of energy for the general circulation of
the atmosphere and the mountain chains will influence the location of heat
sources in the atmosphere and the associated low-level atmospheric flow.

A feature worthy of note is the comparison of the horizontal scales of the
ocean and the atmosphere with their vertical scales. The ocean basins have
horizontal dimensions of 5000 km in the Atlantic Ocean to over 15000 km in
the Pacific Ocean, whilst the average depths are approximately 3.8 km. Thus
the vertical scale is small compared with the horizontal scale and the ratio
between them, known as the aspect ratio, is at most 1 part in 1000 and, more
typically, 1 part in 10000. The atmosphere has 99% of its mass between the
sea surface and a height of 30 km, and compared with the circumference of
the globe, the aspect ratio is again less than 1 in 1000. Thus both atmosphere
and ocean are very thin when compared with their horizontal dimensions.

It has been shown that the topography of the land masses has a significant
effect on the circulation of the lower atmosphere. In a different way, the
shape and size of the ocean basins have profound effects on the circulation of
water masses. Except for the region lying between 50° and 60°S, the ocean is
bounded by continental land masses and therefore zonal (i.e. west-east) flows
are restricted to the Southern Ocean. The presence of continental margins
produces intense meridional (i.e. north-south) flows in the western regions
of the basins, as evidenced by the Gulf Stream in the North Atlantic and
the Kuroshio current in the North Pacific. All the ocean basins are connected
via the circumpolar flow of the Southern Ocean. In contrast, the flow into the
Arctic Ocean from the Pacific Ocean is inhibited by the shallowness of the
Bering Sea, whilst from the Atlantic there are ‘sills” which control the flow
between Greenland and Iceland, and between Iceland and Scotland. A sill is
a relatively shallow region which connects either two deep ocean basins or a
deep marginal sea with an ocean basin.

There is a deep-water connection between the Indian Ocean and the Pacific
Ocean, through the Indonesian Archipelago, which has important influences
on the flow around the Australian continent, and on the exchange of surface
and intermediate water masses between these two ocean basins.

The width of the ocean basins has a marked effect on the ocean-atmosphere
interaction. The relatively narrow North Atlantic Ocean is exposed to drier
air from the surrounding continents than the Pacific Ocean, and therefore
evaporation is approximately twice as large in the North Atlantic Ocean as in
the Pacific Ocean. This high evaporation rate is a factor in the larger heat loss



The Earth within the Solar System 23

from the North Atlantic Ocean than from the Pacific Ocean, and hence dense,
cold water masses are formed in the North Atlantic Ocean rather than in the
Pacific Ocean. Thus, the deep-water vertical circulation in the North Atlantic
Ocean is much more intense than the sluggish vertical circulation observed
in the Pacific Ocean. It will be shown in Chapter 5 that this has consequences
for the heat transport in the ocean. In the context of evaporation, the marginal
seas, such as the Mediterranean Sea and the Red Sea, are important regions for
the formation of dense water masses because of their high evaporation rates.

The continental shelf, though occupying a relatively small area of the ocean,
is of considerable importance both to human kind and to life in the ocean. The
intense flows, associated with winds and tides in the continental shelf region,
result in the mixing of the nutrients from continental shelf sediment into the
water column. These nutrients, in conjunction with readily available oxygen
and sunlight in the shallow sea areas, produce an abundance of phytoplank-
ton. These regions of high primary production are very important in the
maintenance of marine food chains and contain the most intensive fisheries in
the world. The sedimentation rates on the continental shelves are also high,
being of the order of 1 m per 1000 years in comparison with 0.1-10 mm per
1000 years in the deep ocean. Much of the sediment deposited is derived from
river-borne material and this contains large quantities of phosphorus which
is an element necessary for the maintenance of productivity in the ocean.

In conclusion, it has been shown that the surface topography and the
shape and interlinkage of the ocean basins have a significant effect on
the circulation of both the atmosphere and ocean. This, in turn, affects the
biological productivity of the land and ocean. In the geological past, different
ocean geometry and surface topography would have been partly responsible
for the many varied climatic patterns that have occurred since the formation
of the Earth.






2

Composition and Physical
Properties of the Ocean
and Atmosphere

2.1 Evolution of the atmosphere and ocean

Direct evidence of the form and composition of the early Earth have long
since been destroyed and clues can only be gleaned from an understanding of
geochemical processes. Various radioactive elements can be used to evaluate
the timing of the development of the atmosphere and understanding of
the behaviour of certain elements allows estimation of the atmospheric and
oceanic composition through time.

The Earth and other planets were formed some 4.6 x 10° years ago (4.6 Ga)
via an accretionary process involving collisions between cosmic dust through
to bombardment of planetismals by meteorites, eventually resulting in the
solar system we know today. This accretion is inferred to have continued for
some 150 million years and the extensive bombardment of the young Earth
continued until at least 3.8 Ga before present.

The accepted paradigm for oceanic evolution involves precipitation from
a transitory steam atmosphere created by the continued impact and heating
of the proto-Earth surface during planetary accretion. The ocean precipitated
out as the Earth cooled and has remained liquid throughout the intervening
geological time. This has allowed development of life on Earth and puts lower
limits on any climatic variations inferred to have taken place, since the oceans
have never frozen completely. Upper constraints to surface temperatures and
atmospheric structure are imposed by the presence of a large hydrosphere on
Earth. The present day vertical atmospheric temperature structure means that
water vapour precipitates in the upper troposphere and the concentration of
water vapour in the stratosphere is very low. This retains water within the
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lower atmosphere and limits the passage of H,O to the upper atmosphere,
where extensive photodissociation would occur and the H; evolved would
escape into space due to its low molecular mass.

Comparison of the rare, inert gas composition of the atmosphere with
that of the Sun and average solar system abundancies demonstrates that
the Earth lost its primordial atmosphere during the accretionary process,
which involved heating and melting of the new planetary mass. The current
atmosphere formed as a consequence of degassing of the cooling planet Earth
once accretion ceased. Again, rare gas composition can be used to determine
the timing of the atmospheric development; 80-85% of the present day rare
gas content degassed from the Earth’s interior in the first million years of
Earth’s history, whilst the remainder has leaked constantly out during the
intervening eons.

Volcanism is the major route of degassing of volatile material from the
inner Earth. Present day volcanic activity produces H,O, CO,, SO, No, Hp
and Cl, in substantial quantities. The composition of early volcanic gases
is a matter of debate and there may have been a substantial component of
NH;s and CHy depending on the extent of oxidation of source rocks in the
upper mantle.

The early solar system was illuminated by a weak, young Sun that only
delivered ~75% of the present day energy to the Earth’s surface. To provide
a non-frozen ocean there must have been an increased ‘greenhouse” effect
provided by CO,. One-dimensional climate models require CO; levels of 500
times present atmospheric levels (PAL) at 2.75 Ga. However, recent estimates
of atmospheric CO; levels from study of ancient soils (palaeosoils) suggest
upper limits on Archaen partial pressure of CO, of 100 PAL. The additional
planetary warming must be derived from other greenhouse gases such as
NHs and CHj or albedo variations. The same palaeosoil samples allow
estimation of the early atmospheric O, content as being approximately
1.4 x 107* PAL. This O, was mainly derived from the photodissociation of
H>0O in the upper atmosphere.

The behaviour of CO; is crucial to our understanding of early Earth history.
Early levels were elevated and, by the Cambrian era (~600 Ma), CO; levels
were close to PAL. The main reason for the extraction of CO,; out of the
atmosphere was the development of life forms in the ocean that sequestered
carbon in organic and later inorganic (calcium carbonate) forms and buried
it in sedimentary formations on the sea floor. Life must have originated as
the planetary bombardment slowed after 3.8 Ga and the oldest known fossils
are blue-green algae dated 3.5Ga. The precursors to these organisms were
almost certainly high temperature (>70°C) chemosynthetic archaea living in
specialized niches such as submarine hydrothermal vent systems in areas of
underwater volcanic activity.
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Photosynthesis involves the oxidation of liquid water and the reduction of
carbon dioxide to carbohydrate and the release of oxygen;

6CO;, + 6H,O — (CH0)¢ + 60,

The reverse of this process is respiration which is carried out by all life
forms. There is extensive evidence from palaeosoils and Fe-rich sedimentary
formations that atmospheric O, levels did not achieve appreciable levels
until 2Ga and only approached present-day levels by 1.5 Ga. Until then, all
O, produced was consumed in the oceans by respiration and reduction by
dissolved chemical species such as Fe(II). Once O, started to accumulate in
the atmosphere, the production of ozone (O3) could occur. Ozone plays a vital
role in the upper atmosphere by shielding the Earth’s surface from damaging
ultra violet (UV) radiation, allowing life to move from a purely oceanic
realm and begin to colonize the land mass. The evolution of land plants and
the terrestrial biosphere would extract more CO, from the atmosphere and
provide an additional source of O,.

The present day atmosphere is dominated by chemical species that demon-
strate the existence of life on Earth. In the modern system, 99.8% of the
present day carbon is locked up in sedimentary rocks of mainly biogenic
origin, whereas only 1.0 x 10=3% of carbon is in the atmosphere as CO,
(Table 2.1). The atmospheric O, level of 21% represents the standing crop
of photosynthetic products maintained by global primary production. This
contrasts starkly with the early Earth atmosphere.

Comparison of Earth with its nearest neighbours in the solar system is
illuminating. The starting products for Venus, Earth and Mars were likely to
be similar as all three planets were formed by the same accretionary process.
Venus has not developed the atmospheric temperature inversion between
troposphere and stratosphere essential for maintaining liquid water. Venus
has a dense CO; rich atmosphere with a small component of water vapour and

Table 2.1 The carbon budget for the Earth

Reservoir Mass of carbon
(10?2 kg)

Atmosphere 748
Ocean 36930
Land:
Vegetation 625

Soil 2700
Sediments mainly

carbonate rocks 65500000

Fossil fuels 5000
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extremely high surface temperatures of 460°C. Studies of the heavy isotope
of hydrogen, deuterium, suggest a large proportion of the early Venus water
budget was lost to space via photodissociation in the upper atmosphere. In
contrast, Mars has a very thin, CO, dominated atmosphere and cold surface
temperatures, with solid CO; icecaps. There is some evidence from fluvial-
type deposits that running water was in existence on the surface of Mars at
3.7 Ga, but it has been absent in liquid form since this time.

Water ice has recently been discovered in the Martian polar ice cap regions.
Again, photodissociation in the upper atmosphere and escape of H; to space
is invoked as a mechanism for water loss. The O, evolved by this process has
oxidized the Fe(II) in the surface rocks to produce the red colour characteristic
of Fe(III).

As already intimated, the atmospheric composition of greenhouse gases
plays a major role in the Earth’s climate. Evidence from fossils deposited on
the sea floor allows estimation of sea-water temperatures through geological
time. The mean surface temperature has decreased throughout the first few
billion years of Earth’s history. The first geological evidence for glaciation
occurred between 2.5 and 2.3Ga. However, earlier glaciations cannot be
ruled out due to the paucity of geological evidence for this period. Climate
variations have occurred throughout geological time and the geological
record becomes more and more complete as the modern era is approached.

The Earth has undergone a major cooling episode over the last 65 Ma. This
is associated with a decrease in CO, levels and the development of permanent
ice sheets in the polar regions. Approximately 2 Ma ago the Earth went into
a series of glacial-interglacial cycles, the most recent glaciation ending about
10000 years ago. The pace-maker behind these climate oscillations has been
attributed to variations in orbital parameters that determine surface insolation
named Milankovitch cycles as previously discussed in Chapter 1.

Whatever drives the timing of glacial-interglacial cycles, it is apparent from
evidence recorded in ice cores; deep-sea sediments; corals; varved lacustrine
sediments and climate modelling that there have been changes in atmospheric
CO; levels over the past 1 Ma. Atmospheric CO; levels were as low as 0.7 PAL
during the last glacial maximum. Much effort has gone into understanding
atmospheric and oceanic variability over the last few hundred thousand years
in an attempt to understand the short term climate variability. This may allow
prediction of the consequences of fossil fuel burning and deforestation that
act to increase atmospheric CO, levels by 0.5% per annum.

2.1.1 The development of the ocean

Once accretion of the Earth stopped, the surface geological process of crustal
generation and plate tectonics that we are familiar with today could begin.
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Zircons are resistant mineral grains from continental crust that can withstand
intense weathering and metamorphic processes. The oldest zircons, from
Western Australia, have been dated at 4.1 to 4.3Ga, giving a limit to the
onset of continental crust generation. In contrast, the oldest oceanic crust is
of the order of 200 Ma in age, a mere 0.4% of Earth’s history. New oceanic
crust is continually created at spreading centres located along the mid-ocean
ridges and is destroyed at the convergent margins, where the ocean crust is
subducted into the Earth’s mantle. The rate of spreading is typically a few
centimetres each year, with the fastest rates at the East Pacific Rise and the
slowest at the mid-Atlantic ridge.

The amount of water in the hydrosphere is in steady-state balance between
the input of juvenile, magma-derived water from the creation of new crust
and the loss by photodissociation in the upper atmosphere. Sea level has
varied through time by several hundred metres as varying amounts of water
were locked up in the ice caps. In general, the rule of isostatic equilibrium
means that the oceans fill the oceanic basins and flooding of continental crust
is not extensive.

2.2 Present-day composition of sea water

Dissolved salts comprise about 3.5% by volume of sea water. The salts are
present because of the relative ease with which ionic compounds dissolve in
water. Originally it was believed that the salts dissolved in the ocean were
derived from the weathering of continental rocks, the products of which
were then transported by rivers to the ocean. Robert Boyle (1627-1691) made
measurements of the composition of river water and he showed that salts
could be detected. However, with more accurate methods of analysis, it
was found that, although the river waters contained potassium; magnesium;
calcium and sodium ions, they were deficient in dissolved carbon dioxide
(i.e. carbonate and bicarbonate/hydrogen carbonate); chlorides; bromides
and iodides. In fact, if the ocean salts had been derived from this one
riverine source, their composition would have to be totally different from
that observed (Table 2.2). The ions missing from land weathering products
originated from volcanic and hot spring discharges, and atmospheric sources.

The observed distribution is not, however, simply determined by the inputs
from weathered rock and volcanic emissions because ions are simultaneously
being lost from the water column by sedimentation on the ocean floor and
continental shelves, and by transfer to the atmosphere and biosphere. The
present-day composition is, therefore, a geochemical balance between the
sources and sinks of the ions. It is believed the ocean has been in equilibrium
for 100 Ma years and that the total salt content of the ocean has not changed
significantly in that time.
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Table 2.2 Composition of standard ocean water (salinity = 34.7 psu)

Constituent Symbol Mass of ion in grams Percentage of
ion for | kg of sea water global salt
Chloride ClI- 19.215 54.96
Sodium Na™ 10.685 30.58
Sulphate S0~ 2.693 7.70
Magnesium Mg>* 1.287 3.69
Calcium Ca*t 0.410 117
Potassium Kt 0.396 .13
Bicarbonate HCO; 0.142 0.41
Bromide Br— 0.067 0.19
Boric acid H3;BO3; 0.026 0.07

This deduction is based on the fact that the pH of the ocean must have
remained reasonably constant to enable the present life forms to evolve. It
is noted that a 1% decrease in the sodium ion concentration would result
in a strongly acidic ocean with a pH of 2.6. However, the ratios of the
other constituent salts in the ocean have shown considerable fluctuations. For
example, the Na™ /K" ratio was approximately 1 in the pre-Cambrian period
(1 Ga) and now it is 28. The changes in chemical composition are related to
the evolution of organisms which extracted materials such as calcium and
silicon for shell building and so altered the steady state balance.

There is recent evidence that the enhanced atmospheric CO,, due to
anthropogenic emissions, is starting to reduce the pH of the present day
ocean and is leading to a slight acidification.

The first comprehensive analysis of the composition of sea water was made
by William Dittmar who analysed 77 samples of sea water collected by
HMS Challenger between 1872 and 1877. The samples were representative
of all of the major ocean basins and were taken at depths ranging from
the surface to abyssal layers. Dittmar analysed the samples for the eight
major constituents (see Table 2.2) and showed that, within narrow limits,
the ratios of these major constituents were in constant proportion. Together
with boric acid, these eight constituents comprise 99.9% of the total dissolved
salts in the ocean. The remaining 0.1% represents virtually all of the stable
elements in the Periodic Table and these elements do not generally obey the
rule of constant proportions. The most prominent of the minor constituents
are strontium; silicon; iron; lithium; phosphorus and iodine as well as the
dissolved gases oxygen and nitrogen, all of which are fundamental to the
chemical and biological processes in the ocean.

Dittmar’s experimental proof that the major constituents were present in
constant proportions to each other throughout the world’s oceans, including
the Mediterranean and Baltic Seas, allowed oceanographers to define the salt
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content of the ocean as a single physical quantity, known as the salinity.
From a determination of the salinity and the rule of constant proportions,
the concentration of any one of the major constituents can be determined.
Furthermore, in order to obtain a value of the salinity of sea water, it is only
necessary to measure one of its major constituents. The most easily measured
constituent is the chloride content of sea water. In practice the chlorinity (CI)
is determined, which is the amount of chlorine (grams) in 1kg of sea water,
where both bromine and iodine are replaced by chlorine. The relationship
between salinity and chlorinity is given by:

Salinity = 1.80655 Cl

By titration against silver nitrate, chlorinity can be measured and the salinity
obtained to an accuracy of £0.01.

Since the 1980s, the titration method has been replaced by the direct mea-
surement of the electrical conductivity of sea water. The definition of salinity
has also been redefined to be the ratio of the electrical conductivity of sea
water to a standard solution of potassium chloride at standard tempera-
ture and pressure. This ratio is expressed in Practical Salinity Units (psu)
where 1psu = 1.00510 x salinity. The measurement accuracy of +0.001 was
a considerable improvement over the titration method.

In 2009 a new definition of salinity has been adopted called the absolute
salinity. This absolute salinity allows for spatial differences in sea water
composition. The rule of constant proportions for seawater proposed by
Dittmar is no longer strictly valid for the global ocean.

To avoid confusion salinity will be given as a simple ratio without units.

2.3 Introduction to gases and liquids

The relationship between pressure, p, temperature, T, and the density, p, for
an ideal gas is:

p=pRT @.1)

where R is the gas constant for the constitutional gas having molecular
weight m.

R =R*/m where R* is the universal gas constant.

The derivation of the ideal gas equation depends on the assumption that
the molecules in an ideal gas are so far apart that intermolecular forces
can be disregarded except during the very brief collisions. The strong intra-
molecular forces within ideal gas molecules allow them to be treated as hard
spheres and their collisions can be considered to be inelastic. Many gases,
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including the main atmospheric constituents, behave as ideal gases. The only
exception is water vapour.

Such simple assumptions are invalid when dealing with the liquid and
the solid state. In a liquid, the intermolecular forces cannot be neglected or
generalized, since they vary from one liquid to another. It is not, therefore,
possible to produce an ideal equation of state for an ideal liquid. The
long-range attractive intermolecular forces in a liquid allow a much more
efficient packing of the molecules than is found in a gas. Hence, liquids have
densities approximately 100-1000 times greater than the density of a gas.
For instance, air at normal atmospheric pressure and 0°C has a density of
1.28 kg m 2, whilst sea water (salinity = 35) has a density of 1028 kgm ™.

At very short ranges, of the order of 0.1 nm, the intermolecular repulsive
forces become dominant and there is, therefore, a limit to the close packing
of molecules. Solids may have densities approximately 15% greater than
liquids, but this increase is achieved by more efficient long-range packing
arrangements rather than smaller intermolecular separation. In this respect,
the densities of water and ice are anomalous. Ice has a density which is 9%
less than liquid water and thus ice floats on water.

The liquid state has properties similar to the solid state on a short time
scale in that small clusters of molecules are ordered in a similar way to the
solid state lattice. However, on a large time scale the liquid resembles a gas
in that it is highly disordered. A liquid may therefore be considered, in some
respects, as being an intermediate state between the extreme ordering of the
solid state and the randomness of the gaseous state. On this longer time scale,
a liquid and a gas will not support a shear stress and, as a result, they will
yield and flow. In this case we may call the gas or the liquid a fluid and we
can therefore mathematically describe properties of motion without referring
to the substance as either a liquid or a gas.

Gases, furthermore, have the property that they will expand to fill the space
available and therefore it is impossible for a gas to have a free surface. A
liquid, on the other hand, always has a free surface, and therefore it is possible
to define the interface between the atmosphere and ocean. Another important
property of a gas is that it is readily compressible due to the large distances
between molecules. However, because of the close packing in a liquid, it is
difficult to compress a liquid without resorting to large pressures.

2.3.1 The equation of state for the atmosphere

The atmosphere can be described as a mixture of gases, predominantly
oxygen; nitrogen; carbon dioxide; argon and water vapour (Table 2.3). Of these
major constituents, only water vapour is a significantly variable constituent,
and it is therefore considered separately from the other gases. The equation
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Table 2.3 Composition and scale heights of terrestrial atmospheres

Major constituents Mean molecular weight Gas constant  Scale height (km)
(% of molecules) (amu?) (equation 2.2) (kg K™h (equation 2.4)
Venus  95.5% CO, 43.35 192 14.9°
4% N
Earth 78% N3 28.97 287 74
21% O,
Mars 96% CO, 43.55 191 10.9
2.5% N
1.5% Ar

7a.m.u is atomic mass unit
"Lower atmosphere

of state for dry air can be obtained by summing the partial pressures of each
constituent gas. If each gas occupies a similar volume, V, and has a mass of
M, then the partial pressure py, is given by:

R*\ M
()

mny) V
where m, is the molecular weight of the gas. The total pressure for N
constituent gases is:

N

If the mean density of the mixtureis p = ) <%)
n=1

Then the pressure for the mixture becomes: p = ( 1%) T

N
> Mp/my
n=1

where — = ———— (2.2)
m N
> Mn
n=1

The term in the brackets, is Rp the gas constant for dry air. Rp has a value
of 287J K~ kg™'. The density of the mixture of gases is p.
The final equation of state for the mixture is gases is:

Comparing equation 2.3 with 2.1, it is noted that the equation of state
for a mixture of gases is similar to a single constituent equation of state,

provided that the molecular weight is replaced by a mean molecular weight
for the mixture.
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Table 2.4 Major constituents of the Earth’s atmosphere by mass

Constituent My My

N3 75.51 28.02
0, 23.14 32.00
Ar 1.28 39.94
CO; 0.02 44,01

Using an example for Earth with the values in Table 2.4.
For the major constituents:

1 75.51/28.02 +23.14/32.00 + 1.28/39.94 4 0.02/44.01

m 99.95

Hence the mean molecular mass is 28.96.

2.3.2 The equation of state for sea water

The equation of state for liquid water is a function of three parameters:
temperature, pressure and density. For sea water, the relationship involves
the properties of all of the constituent salts and is therefore extremely
complicated. However, as discussed in Section 2.2 the concept of salinity
allows the individual constituents to be replaced by one variable to a good
accuracy. As discussed earlier, there is no general statistical theory for all
liquids and therefore the relationship has been determined by laboratory
measurements and the results tabulated. The in situ density of sea water
can be given as p = p (T, P, S). Table 2.5 shows the value of in situ densities
for extreme conditions in the ocean. It is noted that in situ density increases
with both increasing pressure and salinity but decreases with temperature.
However, the variations in density are less than 7% and it is therefore common
practice to define

o(T,P,S) = p(T, P, S) — 1000 kg m >

It is noted that sigma (o) does not have any units.

Table 2.5 Density of ocean sea water for extreme ranges of temperature and pressure in the ocean

Depth Pressure Density (kgm™>) T = 303K
(m) (Pa) (T =273K, S = 35psu) S =35psu
0 10° 1028 1022

10000 108 1071 1060
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The values of o(T, P, S) can be obtained from standard algorithms (e.g.
UNESCO 1981; Thermodynamic Equation Of Seawater 2010). However, for
many purposes, the effect of pressure is eliminated by using a reference
pressure, i.e. mean sea level atmospheric pressure, to define density. This
quantity is referred to as sigma-t or oy.

Figure 2.1 shows the relationship of oy as a function of temperature and
salinity at atmospheric pressure. Although in all cases density increases
with increasing salinity and decreasing temperature, the relationship is non-
linear. At temperatures of 25°C-30°C, typical of the equatorial ocean, the
isopycnals (lines of constant density) are reasonably linear and a simple
relationship for oy can be used. However, at low temperatures a given salinity
change produces a larger change of density than the corresponding change in
salinity at high temperatures. This physical property of the equation of state
results in a greater sensitivity of density changes to salinity at high latitudes
and is an important influence on the formation of bottom water. Another
interesting property of the equation of state is that two water masses with the
same density but having different temperature and salinity (see Figure 5.18),
when mixed, will produce a denser water than either of the two original
water masses. Again, this is an important process in the formation of dense
bottom waters in polar regions of the ocean. If the ocean was well mixed in
temperature and salinity, because of the non-linearity of the equation of state,
there would be an increase in density of the world’s oceans. There would a
corresponding decrease in ocean volume, because the ocean mass is close to
constant. This would result in a decrease in sea level.
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Figure 2.1 Density of sea water (o¢) as a function of temperature and salinity. Reproduced, with

permission, from Friedrich, H. and Levitus, S., 1972, Journal of Physical Oceanography, 2: page 516,
figure 4
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The anomalous behaviour of pure water compared with other liquids
has already been briefly mentioned. In particular, the maximum density
of liquid water at 4°C and the expansion of water on freezing are two
of its remarkable properties. Other properties include the high dielectric
constant, which results from the high electrical dipole with relatively small
molecular volume. Because the interionic force of attraction varies inversely
with the dielectric constant, the attraction between ions is diminished in water
and hence ionic components are easily dissolved in water. The presence of
dissolved salts in sea water increases the electrical conductivity by 10° over
that of pure water. This property has been used to advantage in accurate
electrical measurement of salinity in sea water, which is a reliable technique
available to oceanographers. Additional remarkable features of water are its
high specific heat, its high boiling point compared with other hydrogen based
liquids (e.g. 213K for H»S and 240K for NH3) and its large latent heat of
vaporisation of 2.3 x 10°Tkg ™!, compared with 0.55 x 10°Jkg " for H, S and
1.4 x 10°Tkg ™" for NHj. This property allows water to be a major factor in
the transfer of energy between the ocean and atmosphere.

The influence of salinity on the properties of water will be shown to be very
important. Figure 2.2 shows the temperature of the maximum density of sea
water and the freezing point as a function of salinity. For salinities less than
24.69, water reaches a maximum density before the freezing point is reached.
Therefore between the temperature of maximum density and the freezing
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Figure 2.2 Changes in the maximum density temperature as a function of salinity (solid line).
Changes in the freezing point as a function of salinity (dashed line). Reproduced, with permission, from
Tchernia, P., 1980, Descriptive Regional Oceanography, Pergamon Press: page 162, figure 5.40
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point there is an anomalous decrease in density with decreasing temperature.
However, for a water mass having a salinity in excess of 24.69, which is true
of all ocean water, the freezing point is reached before the maximum density
of sea water. In this case, there is no anomalous behaviour of sea water
and the densest water masses (for a given salinity) are associated with the
lowest surface temperatures. For most ocean water masses, this temperature
is —1.9°C. A second property of salinity is the effect on the specific heat of
water. For pure water at 0°C the specific heat is 4218 kg~ K™, whilst for sea
water it is 3940 kg~ K! for a salinity of 35. Therefore sea water is 6% less
efficient in storing heat than the equivalent mass of fresh water.

The propagation of sound in sea water is given by:

K
c= | =
Po
where c is velocity of sound, p, is the mean density and K is the com-
pressibility of sea water under adiabatic conditions. K is dependent on
the temperature, pressure and salinity. The velocity of sound increases
with temperature, pressure and salinity and typical values are shown
in Table 2.6.

Figure 2.3 shows the variation in sound velocity for typical temperature
and salinity profiles in the ocean. In the deep ocean (>1500m), because of
the uniformity of temperature and salinity (Figure 2.4), the sound velocity
is dominated by pressure and therefore increases with depth. In the upper
ocean, where large variations in temperature and, to a lesser extent, salinity

Table 2.6 Sound speed c in m/s and its dependency on pressure (decibars)
and temperature °C for fresh water and ocean water for a salinity of 35. The
pressure p = 0 corresponds to mean surface atmospheric pressure

Pressure (dB) Temperature °C Salinity Sound Speed C (ms~!)

0 0 0 1402.4
1000 0 0 1418.0
4000 0 0 1468.0
10000 0 0 1577.4
0 0 35 1449.1
1000 0 35 1465.5
4000 0 35 1516.5
10000 0 35 1623.2
0 30 35 1545.6
1000 30 35 1562.4
4000 30 35 1612.5

10000 30 35 1710.1
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Figure 2.3 Velocity of sound as a function of depth, for tropical (left), temperate (centre) and
sub-polar (right) oceans. Between the surface and 1000 m, temperature is the dominant effect, whilst
pressure becomes dominant at depths greater than 1000 m. Reproduced, with permission, from
Tolstoy, I. and Clay, C.S., 1966, Ocean Acoustics: Theory and Experiment in Underwater Sound,
McGraw-Hill: page 7, figure 1.2
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Figure 2.4 Temperature, salinity and density (o) as a function of depth in the tropical, temperate
and polar oceans. Reproduced, with permission, from Tchernia, P., 1980, Descriptive Regional
Oceanography, Pergamon Press: page 35, figure 3.4
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occur, the sound velocity displays more variability. The large decrease in
temperature with depth, especially through the main thermocline, causes a
decrease in velocity with depth which is larger than the opposing pressure
effect. Hence, a minimum velocity is observed at a depth of approximately
1km in profiles where the main thermocline is present. This minimum is
very important for the propagation of sound and is known as the SOFAR
channel. Sound waves emitted either upwards or downwards from this level
will exhibit refraction into the sound channel because of the variation of
the velocity of sound with depth. In this region, therefore, sound energy is
trapped in a wave guide and a signal may propagate over hundreds and even
thousands of kilometres before being significantly attenuated. This property
has been used by oceanographers for the distant monitoring of SOFAR floats
from research ships and shore bases.

2.4 Hydrostatic equilibrium

An observer descending form the outer reaches of the atmosphere to the
Earth’s surface with a barometer would notice an increase in pressure. The
increase in pressure would not be linear but would show an exponential
increase with depth. Though pressure itself is a scalar quantity, the vertical
variation of pressure in the atmosphere produces a pressure force which
acts in the direction of decreasing pressure (i.e. upwards) The observed
pressure-gradient force would be able to accelerate a parcel of air upwards
at ~10ms~2. In the absence of other forces, this acceleration would produce
a velocity of ~5000 km hour™ at a height of 100 km. Though the atmosphere
is always in a state of motion, measured vertical velocities are rarely larger
than 10ms~! and therefore this upward pressure gradient must be close to
balance with the gravitational force acting towards the centre of the Earth.
This balance between the vertical pressure gradient and the gravitational force
is known as hydrostatic equilibrium. Ideally, the state requires no motion and
therefore the atmosphere is never quite in hydrostatic balance. However, the
approximation is very good for large scale motion and only breaks down in
regions of large vertical acceleration associated with thunderstorm updrafts
and mountain waves.

Consider a slab of atmosphere of thickness 6z and cross-section area §A.
The pressure gradient force (P.G.F.) across the slab is:

p
[p — (E) 82] A — psA

Hence P.G.F. = — (2—2’) 8z8A
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The force due to gravity on the element of the atmosphere is p§Adzg, hence
the balance is:

ap
— | — ) 828 A = p¢dzsA
(8Z>Z p3oz

or

8;9_
9z

The hydrostatic equation 2.4 is a very important relationship in both
meteorology and oceanography because it relates the pressure to the depth
of fluid. In the atmosphere the density also varies with the height because
of the compressibility of gases and hence equation 2.4 is not sufficient. Since
the atmosphere is a very good approximation to an ideal gas, the ideal gas
equation can be used to eliminate density in favour of temperature and
pressure. The density from equation 2.3 can be substituted into equation 2.4
to obtain:

—pg (2.4)

o __ s

0z o RDT

If T is replaced by the vertical mean temperature of the atmosphere T, the
equation can be integrated from the surface (z = 0) to yield the pressure at a

height z”:
p/ 8 Z/
/ P8 s
po P RpT Jo

p' = poexp(—z'/H) (2.5)

where py is the surface pressure and H = RpT/g.

This equation is sometimes known as the barometer equation. The quantity
His known as the scale height and is a measure of the depth of the atmosphere.
When z' = H, then p’ = ppe™! or p’ = 0.37 pp. Therefore, H is the height at
which the pressure is 37% of the surface atmospheric pressure. Furthermore
the pressure decreases by a further 37% for each increase in height equal
to the scale height. It is noted that since density is directly proportional to
pressure in the ideal gas equation, the vertical variation of density will behave
similarly to the vertical variation of pressure (equation 2.5).

Table 2.3 gives typical scale heights for the Earth’s atmosphere and other
planetary atmospheres, assuming the mean temperature is equal to either the
radiative equilibrium temperature or the surface temperature (see Table 1.1).
It is noted that the scale height is related to the mean molecular mass of the

or
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atmosphere and the acceleration due to gravity. On Mars, for instance, the
gravity is approximately one-third of the Earth’s gravity, but the atmosphere
is composed of carbon dioxide with a molecular weight of 44, and hence
there is a 50% increase in scale height compared with that on Earth. On
Venus, the scale height is largest in the lowest layers of the atmosphere
(Table 2.3), where the temperature approaches 760 K (Table 1.1).

As the reader will appreciate, the scale height is not a constant for a given
atmospheric composition because of variations in the temperature of the
atmosphere. To obtain accurate results from the equation, it is necessary to
measure the temperature profile of the atmosphere as a function of height,
and then to integrate the equation numerically. A simpler alternative to this
procedure is to use a standard atmospheric temperature profile (Figure 3.7)
to obtain the pressure height relationship.

In the ocean, the relationship between pressure and depth is very close to
linear because of the small variation of density with depth. In the surface
layers of the ocean the influence of pressure is small. However, because of
the high pressures (107 — 108 Pa) existing in the deep water, compressibility
does become an important factor when considering deep water masses
(Table 2.5). An illustration of the importance of compressibility is that sea
level would be tens of metres higher than it is if the ocean was assumed to be
incompressible.

The pressure at a depth / in the ocean is obtained by integration of
equation 2.4 from the surface to a depth h. This calculation is complicated
by the fact that the ocean surface varies in height as a result of wind waves,
tides and ocean currents. Locally, wind waves and swell can cause changes
of many metres. On the scale of an ocean basin the tidal variations can be as
large as Im in deep ocean, and up to 10 m on the continental shelves where
the tides are amplified. Secondly, the surface atmospheric pressure can vary
by as much as 10% of the mean surface pressure, which leads to horizontal
pressure variations in the oceans.

In the ocean, pressure is easier to measure than depth, and therefore a unit
of depth is 1 decibar which is equivalent to 1m of sea water. A bar (or 1
atmosphere) is 10° Pa. In Chapter 5 the measurement of temperature and
salinity will be discussed.

2.5 Adiabatic changes and potential temperature

Consider a balloon that is thermally insulated, so that no heat is lost through
the surface of the balloon. The balloon is filled with hydrogen and released
into the atmosphere. At the moment of release, it is assumed that the hydrogen
has the same temperature as the surrounding air. As the balloon ascends, it
will expand because of the reduction in atmospheric pressure with height
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and, at the same time, the hydrogen in the balloon will become cooler. This
reduction in temperature is due solely to the reduction in the internal energy
of the gas, as a result of the energy used to expand the surface of the balloon.
Since no heat is gained by or lost to the hydrogen gas, by thermal conduction
across the surface or by thermal radiation from the atmosphere or Sun, the
balloon is known as an adiabatic system and the reduction in temperature
is known as adiabatic cooling. Of course, if there is no transfer of energy to
its surroundings and the balloon is brought back down to the surface at the
same initial temperature and pressure, then the temperature of the hydrogen
gas will be the same as the initial temperature. Therefore a property of an
adiabatic system is that it is reversible and no matter which path the balloon
takes through the atmosphere, when it returns to its initial pressure level it
will have the same initial temperature.

These properties of the adiabatic system can be understood by the applica-
tion of the first law of thermodynamics:

dQ = CydT + pda (2.6)

The first term represents the heat added across the boundaries of the
system, which could be associated with heat conduction across the balloon’s
surface and radiational heating. The second term is the internal energy of the
gas, which is associated with the average kinetic energy of the molecules and
is proportional to the temperature of the gas. Cy is the specific heat of the
gas at constant volume. The third term is the work done on the surroundings
and, in our example, is associated with the expansion of the volume of the gas
in the balloon. Hence, heat added to the system may either cause a change
in volume of the gas, or it may result in a change in the temperature of
the gas, or it may be a combination of both effects. As mentioned earlier,
for an adiabatic system, there is no heat added across the boundaries of the
system and therefore dQ = 0. Hence it can be seen from equation 2.6 that an
expansion of the balloon (da > 0) will cause a reduction in the internal energy
of the gas and a decrease in temperature.

Before this relationship can be usefully applied, it is necessary to substitute
for the change in specific volume, do. By differentiating the ideal gas equation
by parts, it can be shown that adp + pde = RpdT. By substituting for pda
in equation 2.6 and noting C, = C; + Rp, where C, is the specific heat at
constant pressure, then 0 = C,dT — adp and hence:

dT_oe 1

dp ~ Cp  0Cp
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but, since p depends on pressure, this is not a particularly useful relationship.
However, by rewriting the equation as:

dldz 1
dzdp — pCp
and substituting for the hydrostatic equation (equation 2.4) we have:

ar__ & 2.7)
dz Go

The variation of temperature with height in an adiabatic system is therefore
determined solely from the acceleration due to gravity, g, and the specific
heat of the gas at constant pressure. For the lower atmosphere (<10km),
the change in ¢ with height is small and therefore the adiabatic temperature
gradient is, to a good approximation, a constant. Table 2.7 shows calculated
adiabatic temperature gradients for the Earth and other planets. It is noted
that both Earth and Venus have similar adiabatic temperature gradients,
despite their different atmospheric compositions and masses.

It is necessary to emphasise that the adiabatic temperature gradient is only
obtained when parcels of air do not gain or lose heat to their environment.
In practice, mixing parcels of air, energy interchange by radiation and the
condensation of water vapour produce a change in the total energy of the
air parcel. The two latter effects are known as non-adiabatic processes or
diabatic processes. Because of the diabatic processes, environmental temper-
ature profiles are rarely adiabatic, though we shall see that the concept is still
a useful one in understanding the vertical stability of the atmosphere. The
average observed temperature gradient in the lowest 10 km of the atmosphere
is ~—6.5Kkm™!, compared with an adiabatic temperature gradient of
—9.8Kkm ™.

The adiabatic temperature gradient for the ocean can also be derived from
equation 2.6, but the final expression is not so simple because of the more
complicated form of the equation of state. In this case, equation 2.6 becomes:

oo
= T-T|—
dQ de (8T>pdp

Table 2.7 Adiabatic temperature gradients for planetary atmospheres

Earth Mars Venus Jupiter

Adiabatic gradient
temperature (K km~') -9.8 —4.5 —10.7 —20.2
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Assuming dQ = 0 and substituting for the hydrostatic equation, it can be

shown that & = _gg;; where g = (1) ( g—g)p , where g is the coefficient of heat
expansion of sea water at constant pressure.

Both B8 and C, for sea water are dependent on pressure, temperature
and salinity. At atmospheric pressure, standard ocean salinity of 35 and a
temperature of 0°C, the adiabatic temperature gradient is —0.036 Kkm™,
whilst at a pressure of 5000 decibars (equivalent to a depth of 5000m), the
adiabatic temperature gradient in the ocean is —0.094 K km ™' The latter is less
than 1% that of the atmospheric adiabatic temperature gradient. However,
because of the small variation in temperature in the deep-water masses, the
adiabatic temperature gradient has to be taken into account when considering
water masses at different depths.

We have seen that the adiabatic effect of pressure on temperature is
significant in both atmosphere and ocean and therefore any vertical motions
will produce an adiabatic temperature change in a parcel of fluid. We have
also indicated that radiation, mixing and water vapour condensation (in the
atmosphere) will also produce significant changes in the temperature of a
parcel of air or sea water. It is useful, therefore, to separate the adiabatic
process from diabatic processes in order to distinguish the two effects.

For example, a meteorologist may wish to decide if the air mass at the
surface is similar to the air mass observed in the upper atmosphere. Similarly,
an oceanographer may wish to determine the similarity of two water masses
at two different depths in the ocean. For these processes, it is necessary to
remove the adiabatic effect by bringing the air or water mass (adiabatically)
to a reference pressure. This reference pressure is 1000 hPa for the atmosphere
and surface atmospheric pressure of 1013 hPa for the upper ocean. For deep
water masses reference levels of 1km, 2km, and 4 km are used. Because of
the small adiabatic effect in the ocean, the effect of variations in atmospheric
pressure is negligible. The temperature of the fluid parcel at the reference
pressure is known as the potential temperature, 6.

Figure 2.5 shows the temperature change of an air parcel moved adiabati-
cally a vertical distance of 1 km from the level of the reference pressure. The
temperature at the initial position is 280K, but the potential temperature is
298.8 K. Generally, since the reference pressure is close to sea-level pressure,
the atmospheric potential temperatures are usually larger than the observed
temperatures. In the ocean, the reference pressure is the minimum pressure of
the ocean (i.e. surface) and therefore ocean potential temperatures are always
lower than in situ temperatures.

Figure 2.6 shows the importance of reducing in situ temperatures
to potential temperatures in the deep ocean. The measurements show
temperatures increasing steadily towards the bottom of the Mindanao
Trench, which suggests a strong vertical instability of the lower layer
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Figure 2.5 Relationship between temperature and potential temperature in the atmosphere as a
function of height above mean sea level. pg is mean sea-level pressure
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Figure 2.6 Observed temperature (T) and potential temperature (0) in the Philippines Deep
(Mindanao Trench). Observations from the Danish vessel Galathea in July—August 1951. Reproduced,
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30, figure 3.2
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(assuming salinity is not stabilising the temperature gradient). However,
the potential temperature is in fact nearly constant with depth rather than
increasing with depth. The apparent warm bottom water is, therefore, solely
an artefact of the adiabatic effect.

An example of the reduction of an observed atmospheric temperature pro-
file compared with a profile of potential temperature is given in Figure 2.7.
It is again noted that the removal of the adiabatic influence substantially
changes the profile, from one that decreases with height to a profile where
the potential temperature increases with height. Usually it is only very close
to the surface under strong heating conditions that the potential temper-
ature decreases with height. The reason for this will be discussed in the
following section.

2.6 Vertical stability of the ocean and atmosphere

We will first consider the stability of an incompressible fluid in the two
situations shown in Figure 2.8b and d.

Initially, the parcel of fluid at point 0 is in hydrostatic equilibrium with
its environment (i.e. the upward pressure gradient on the parcel is balanced
by the downward force due to gravity). If the parcel of fluid in case (b) is
moved upwards by an external force to a position A, and provided there is
no mixing of the parcel with its environment, then the parcel will have a
density greater than its environmental density at that level. The parcel is now
heavier than its environment and will accelerate back towards its original
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Figure 2.7 Mean vertical profile temperature (T) and potential temperature (0) in the lowest 15 km
of the atmosphere
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Figure 2.8 Stability of a parcel perturbed from equilibrium for atmosphere (a, c) and ocean (b, d)

level. In this case, we say the fluid system is stable. However, in case (d), the
parcel at A will have a density less than its environment density at that level.
In this case, the fluid is now lighter than its surroundings and the parcel
will be subjected to an upwards force, which will accelerate the parcel away
from its original position. Furthermore, as the parcel moves further away
from its original position it will be subjected to a larger buoyancy force and
hence subject to larger accelerations. In this case the fluid system is unstable.
It should be appreciated that downward displacement of the parcels from
their initial positions will produce similar behaviour. In the stable case, the
fluid parcel will move back to its original position whilst in the unstable case
it will accelerate away from its original position. In the situation where the
density is uniform throughout the fluid, there will be no buoyancy forces and
the system is said to be neutral. In this case, parcels will continue to move in
their original direction until frictional forces slow them down.

The above criterion for stability can be applied to both the ocean and the
atmosphere, provided adiabatic effects are taken into account. We have shown
that a conservative property of an adiabatic fluid is the potential temperature
and, in the atmosphere, the criterion for stability is simply based on the verti-
cal gradient of the potential temperature. If the potential temperature increases
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with height, the atmosphere is stable (Figure 2.8a); whilst if it decreases with
height, it is unstable (Figure 2.8c). It is left to the reader to consider the buoy-
ancy forces on parcels displaced from equilibrium for these three cases, i.e.

a0
stable — >0
0z

BIva
neutral — =0
0z

v
unstable — < 0 (2.8)
0z

Figure 2.9 shows the diurnal variation in potential temperature in the lowest
1km over land when heat is added to the lower layer (diabatic process) by
solar heating. In the morning there is a neutral layer close to the surface. This
is the result of unstable conditions caused by solar heating of the surface. It
is only very close to the ground (typically the lowest 1m) where a negative
potential temperature can be present and this can not be seen in the figure. In
this layer the solar heating can not be removed quickly enough by convective
mixing. However, above this layer, vertical convection and the resulting
mixing is a very efficient process and therefore a mixed layer with uniform
potential temperature is found. The mixed layer is capped by a stable layer
known as inversion. As mid-day approaches, the surface heating by solar
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Figure 2.9 Diurnal variation in potential temperature in the atmospheric boundary layer over land
in summer. Reproduced, with permission, from Stull, R.B., 1973, Journal of Atmospheric Science, 30:
page 1097, figure 5
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radiation reaches a maximum and the convective eddies become deeper and
entrain stable air into the boundary layer. Therefore the region of uniform
potential temperature, known as the mixed layer, will increase in depth.

During the night, the ground cools by loss of planetary radiation more
effectively than the air above it, and therefore the potential temperature
gradient becomes positive and the air becomes stable. In those circumstances
the air is quiescent and smoke and other pollutants will tend to be trapped
close to the ground. Only by artificially adding buoyancy to the pollutants
can they be dispersed effectively.

Vertical convection is a process which occurs throughout the troposphere
and will be discussed in Chapters 3 and 4.

In the ocean, the situation is complicated by the effect of salinity; hence
the vertical gradient of the potential temperature does not always indicate
the stability of the ocean. Generally we have to use a quantity known as the
potential density, oy, which is the density a parcel of sea water would have
if it were moved adiabatically to the sea surface. For deep-water masses, a
reference level of 1km, 2 km or 4 km is used.

The stability of the ocean is then determined using the vertical gradient of
the potential density, i.e.

0
stable o9 >0
0z

d
neutral 2% _ 0
0z

ad
unstable 22 < 0 (2.9)
0z

Unstable density gradients are rarely observed in the ocean. The reason for
this is that the convective instability process is very efficient in mixing the
unstable density gradient to produce aneutral profile. The presence, therefore,
of a well-mixed ocean layer is a good indication of a convective instability
process. The principal cause of the convective instability in the ocean is
strong cooling of the surface during winter, which causes the formation of
a relatively dense surface layer which will be unstable with respect to the
deeper water and cause overturning. The surface cooling has a dual effect in
destabilizing the water. It will not only remove heat from the water column
but increased evaporation will also tend to increase the surface salinity and
thus increase the density. The depth to which convection occurs will depend
on the vertical density structure and the intensity of the surface cooling. In
the North Pacific, the depth of winter convection is limited to the upper 150 m
because of the presence of a very stable halocline below this depth. However,
in the Labrador Sea, deep convection has been observed to a depth of 1500 m
and, in the western Mediterranean in the Gulf of Lyons, deep convection
occurs to the bottom.
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Figure 2.10 Stable layer and its relationship to buoyancy frequency (see text)

2.6.1 Buoyancy frequency

Let us reconsider the way in which a parcel of fluid returns to its equilibrium
position (Figure 2.10) in a stable system. If there is no mixing of the parcel
with its environment and no frictional drag on the parcel, then the parcel will
accelerate towards its equilibrium position and overshoot. It will then find
itself in an environment of higher density and it will accelerate in the opposite
direction back towards its original position. The parcel will therefore oscillate
aboutits equilibrium position with a frequency related to the density gradient.
If the density gradient is large, then the buoyancy accelerations will be corre-
spondingly increased and the frequency will also increase. This frequency is
called the Brunt-Viiséald frequency or the buoyancy frequency (N).

Consider the buoyancy force on a parcel displaced a distance 8z from its
equilibrium density p.. The buoyancy force is:

(Pe — P)§-

If p = pe + (g—’;) 5z then

8(o = pe) = =8 (g—/:) 82

The vertical acceleration from the buoyancy force is:

d_w_ 8_,0 8z
Pear = 78\ %2

Since,
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This equation is analogous to the simple harmonic motion equation:

d?z )
=N

where N is the frequency of the oscillation in units of radians/second. Hence,

v= ()2

For the ocean the vertical density gradient will be negative for oscillations
to occur.

The expression can be applied to the atmosphere by replacing density by
the potential temperature.

g\ (99 v
N = \/(- (5> (E)) where - = 0 2.11)

The buoyancy frequency, N, provides a useful way of describing the stabil-
ity of both the atmosphere and the ocean and is, therefore, a very important
parameter in the advanced study of dynamical oceanography and meteorol-
ogy. One of its most important uses is the determination of the maximum
frequency of internal waves, which are continually produced by turbulent
motions in both systems. In the ocean thermocline, N has a period of 10 min,
whilst in the deep ocean, where the stability is weaker, it has a typical period
of 50 hours. Internal waves in the thermocline, produced by surface storms,
can have amplitudes of 10-50 m. In the troposphere the period of the waves
is shorter than in the ocean, ranging from 30 s to 10 min. The more spectacular
internal waves are produced by forced ascent over mountains, which in cer-
tain circumstances can produce wave trains (lee waves) extending for up to
100 km downstream of the mountain. The waves are most apparent when the
wave crests are above the condensation level and lenticular clouds are seen.
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Radiation, Temperature
and Stability

3.1 Vertical variation of atmospheric constituents

The vertical variations of constituents in the atmosphere are important in
understanding the way in which solar and planetary radiations are absorbed
in the atmosphere, and the resulting effect on the temperature profile of the
atmosphere. Here, the physical processes which control the distribution of
atoms and molecules in the atmosphere will be considered.

First consider the major constituents of the atmosphere: oxygen, nitrogen,
argon, water vapour and carbon dioxide. If all these constituents were initially
mixed together and left for a long time in an undisturbed environment, the
distribution of each constituent would vary with height according to its
molecular or atomic weight. The lighter molecules would have a smaller vari-
ation with height than the heavier molecules and thus the lighter molecules
would be more abundant in the upper atmosphere than the lower atmosphere
compared with the heavier molecules.

The equilibrium distribution is given by the hydrostatic equation (see 2.4) for
each constituent gas rather than for the mixture of gases. It can be seen that
the rate of change of partial pressure (p,) of each gas is directly proportional
to the molecular weight (m,) of the gas, i.e.

pn __Mapn
0z R T®

However, the gases in the atmosphere are not in an undisturbed environ-
ment and do not show the distribution predicted by this simple model.

The turbulence in the atmosphere means that all of the gases, even carbon
dioxide which is the heaviest of the major constituents, are well mixed to a
height of 100 km and it is only above this level that evidence of gravitational
settling is apparent.

The Atmosphere and Ocean: A Physical Introduction, Third Edition. Neil C. Wells.
© 2012 John Wiley & Sons, Ltd. Published 2012 by John Wiley & Sons, Ltd.
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To understand this distribution, it is necessary to consider the rate at which
diffusion occurs. The rate of gravitational settling of gases is determined
by the molecular diffusion rate for each gas. The diffusion rate is defined
by the product of the velocity of the molecules and their mean free path
between collisions. The velocity of an atom or molecule increases with the
temperature of the gas and decreases with molecular weight and pressure.
Hence the diffusion rate is higher for light gases at high temperatures and
low pressures than for heavier gases at low temperatures and high pressures.
There is a rapid decrease of pressure with height in the atmosphere and,
because of this, the most significant factor in the determination of diffusion
rates is the mean free path between collisions. The diffusion rate is many
orders of magnitude higher in the upper atmosphere, where the mean free
path is very large, than in the lower atmosphere.

Typically, at a height of 120 km, it would take approximately one day for
gravitational separation to occur but, for the atmosphere taken as a whole, the
typical time scale is approximately 30 000 years. The atmosphere is always in
a state of turbulent motion and therefore the molecules are being continually
mixed by a variety of atmospheric motions. The rates of mixing are much
larger than the corresponding rates of gravitational settling in the lower
atmosphere and, therefore, the profiles of these constituents are well mixed.
Only when the gravitational settling time becomes of the same order as the
mixing time scale is diffusive separation observed. For molecular oxygen
and nitrogen, this occurs typically at a height of 100 km. Above these levels
the gases are distributed according to their molecular weights and hydrogen
and helium, therefore, occur in increasing abundancies at high levels, whilst
the abundancies of the heavier gases, such as oxygen and nitrogen, decrease
with height.

It is only for the noble gases (e.g. argon) that the story finishes here.
For all of the other constituents, their interaction with radiation has to be
considered when discussing their vertical distribution in the atmosphere.
These interactive processes include:

(i) The dissociation of a molecule by incident radiation.
(ii) The combination of atoms by collisions.

The dissociation energy of a molecule is the energy required to break the
molecular bond(s). The energy of one photon of radiation is given by h27 /A,
where h is Planck’s constant and A is the wavelength of the photon. It is
therefore accepted practice to define the dissociation energy in terms of the
wavelength of the radiation. For an oxygen molecule the dissociation energy
corresponds to a wavelength of 0.24 um and therefore all radiation having a
smaller wavelength, and hence a higher energy, will dissociate the oxygen
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molecules into two atoms of oxygen, i.e.
O +h27/a — 040, 1=<024um

Nitrogen has a higher bond energy than oxygen and only photons having
wavelengths less than 0.13 um are able to dissociate the nitrogen molecule.

Atomic oxygen becomes an increasingly abundant constituent above a
height of 20 km, but it is only above 120 km that molecular oxygen is replaced
by atomic oxygen as the dominant oxygen constituent. The reason for this
distribution is that the rate of molecular dissociation is proportional to
the product of the number of oxygen molecules and the number of photons
having more than the required energy for dissociation. At very high elevations
there are a large number of photons with the energy necessary to dissociate
oxygen molecules but, due to gravitational settling and dissociation, there
are few oxygen molecules and therefore the rate of production of atomic
oxygen is low. However, in the lower atmosphere, though there is an
abundance of molecular oxygen, there are only a few photons possessing the
required energy to dissociate the molecules, because many of the photons
have been absorbed in the upper levels of the atmosphere. Therefore, it
is only in the middle levels, around 100km, where there are sufficient
molecules and photons to produce a large dissociation rate and hence to
produce a high number of oxygen atoms. However, the predicted height of
the maximum atomic oxygen production does not agree with the observed
distribution. This is due to two additional processes in the lower atmosphere
which have so far been neglected and which act to reduce the number of
oxygen atoms.

The first process is the recombination of atomic oxygen into molecular
oxygen by collision. This process is very effective at higher pressures and it
is therefore a major sink of atomic oxygen at lower altitudes, between 70 and
100 km. The second process is the production of ozone, Oz, from a three-way
particle collision between an atom of oxygen, a molecule of oxygen and
another unspecified molecule, M:

O+02+M—>03+M*

The unspecified molecule is necessary because it absorbs the energy released
when a molecule of ozone is formed. The production of ozone depends on
the relative numbers of oxygen molecules and atoms, and the number of
three-way collisions which depends, in turn, on the total pressure of the gas.
For a photochemical equilibrium, the rate of production of atomic oxygen
must be equal to its rate of destruction. Given the absorption properties of
the constituents, it is possible to obtain the vertical equilibrium distribution.
This profile is known as the Chapman profile.
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Figure 3.1 Vertical profiles of the densities of atomic oxygen (O), molecular oxygen (O,) and ozone
(O3) in the Earth’s atmosphere. Broken lines show the theoretical profile calculated on the assumption
of photochemical equilibrium. Reproduced, with permission, from Goody, R.M. and Walker, J.C.G,
1972, Atmospheres, Prentice Hall: page 25, figure 2.2

Figure 3.1 shows the relative distribution of atomic oxygen, molecular
oxygen and ozone in the atmosphere. It is noted that, because the ozone
distribution is dependent on both the collision frequency and the amount of
atomic oxygen, it tends to have its highest production rate between 30 and
100 km. Below 30 km, the infrequency of occurrence of atomic oxygen reduces
the rate of ozone production to insignificant levels. Above 100 km, it is the
low collision frequency which brings about the reduction of the rate of ozone
formation.

However, there are three major processes which result in the destruction
of ozone:

(i) The photodissociation of ozone which occurs for photon wavelengths
less than 11 pm and which therefore operates throughout the solar and
planetary spectra.

Os+h2n/A - 0, +0, A<1lum

The strongest dissociation occurs for wavelengths between 0.2 and 0.3 um
and therefore ozone is a very effective absorber of ultraviolet radiation.
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(ii) The recombination of ozone with atomic oxygen
O;3+0—-20,

(iii) The removal of ozone at the Earth’s surface during oxidation processes.

It can be seen that, at high levels in the stratosphere, 0zone will be readily
destroyed by processes 1 and 2, whilst process 3 will destroy ozone in
the troposphere. In the troposphere, mixing rates are larger than in the
stratosphere where most ozone is formed, and therefore ozone molecules
entering the troposphere are brought to the surface in a matter of a few
days and oxidation takes place. Hence, ozone tends to have a concentration
maximum in the lower stratosphere where destructive processes are at
a minimum. Here, individual ozone molecules may have lifetimes of the
order of a few months. The detailed photochemistry of ozone is further
complicated by other trace gases, such as nitrous oxide (which is related
to biological production processes at the surface and vehicle exhausts),
chlorofluoromethanes (present as aerosol propellants in the 20th century)
and other man-made gases. All of these trace gases, in certain circumstances,
can act to reduce the level of ozone in the atmosphere and hence reduce
the ultraviolet shielding at present enjoyed by the Earth. The link between
increasing levels of chlorine in the stratosphere and the decrease in ozone is
well established, and efforts to reduce inputs into the atmosphere have been
in place since the Montreal protocol agreed in 1987.

The interrelationship between atomic oxygen, molecular oxygen, ozone and
radiation is an example of the complexity of photochemical processes which
produce the observed distributions of the constituent gases of the atmosphere.
For the other principal gases, water vapour and carbon dioxide, dissociation is
only significant at altitudes greater than 100 km. Carbon dioxide is dissociated
by ultraviolet radiation of wavelengths less than 0.17 um and water molecules
commence dissociation at 0.24 pm. The vertical distribution of water vapour in
the atmosphere below 100 km is determined principally by the condensation
process. The rapid decrease of pressure and temperature with height in the
lowest 20 km of the atmosphere results in a reduction of the saturated mixing
ratio (defined as the ratio of the mass of water vapour in a given volume of
air, saturated with respect to a plane water surface, to a mass of dry air in
the same volume) from 1072 at the surface to 10~ at 20 km. Therefore for
every tonne of dry air in the stratosphere, there is only 10 g of water vapour.
The temperature minimum at the tropopause, ~10 km above the surface, acts
as a cold trap for the movement of water vapour between the troposphere
and the stratosphere. However, the water vapour in the upper atmosphere
is still an important constituent when considering the absorption of solar
and planetary radiation. At 80 km, where the temperature reaches a second
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minimum at the mesopause, occasionally there is sufficient water vapour to
allow the formation of thin, noctilucent ice clouds. These clouds cannot be
observed during the day, but are often seen just after sunset in high latitudes
when the reflected sunlight from these clouds may be observed at the surface.

The reasons for the temperature minima at the tropopause and the
mesopause will be discussed in Section 3.4.

3.2 The attenuation of solar radiation

The observation that the maximum in the solar-radiation spectrum occurs
at 0.5um, whilst the planetary radiation peaks between 10 and 15um (in
the middle infra-red), allows separation of the radiation processes due to
solar radiation absorption from those involved in planetary radiation absorp-
tion. Only 0.4% of the total solar radiation has a wavelength longer than
5um, whilst a similar percentage of planetary radiation from a surface at a
temperature of 288 K has a wavelength less than 5um. The propagation of
solar radiation through the atmosphere is simpler to understand than that of
planetary radiation because no re-emission of radiation occurs as the solar
radiation travels through the atmosphere, and therefore it is only necessary to
consider the attenuation factors. The situation with respect to the planetary-
radiation spectrum is complicated by the re-emission of radiation at similar
wavelengths to the absorbed radiation. This will be considered in Section 3.3.
The attenuation of solar radiation in a dust-free and pollution-free atmo-
sphere with no clouds (Figure 3.2) would be the result of two processes:

(i) Gaseous absorption.
(ii) Molecular scattering.

The primary gaseous absorption occurs in the ultraviolet region of the
spectrum, at wavelengths less than 0.3um. As previously discussed, this
absorption mainly results in the photodissociation of oxygen and nitro-
gen above 100 km, and the photochemical reactions involving ozone in the
stratosphere. This primary gaseous absorption results in the nearly complete
removal of lethal ultraviolet radiation by the upper atmosphere. However,
a small fraction of the incident ultraviolet radiation does manage to reach
the surface, particularly when the sky is clear and this can be damaging to
human skin and, with excess exposure, it can cause skin cancers. Radiation
at 0.26 um damages the DNA molecule which is present in all living organ-
isms. In quantitative terms, the amount of ultraviolet radiation (wavelength
less than 0.32 um) absorbed is less than 2% of the total solar flux. Ozone
has absorption bands in the visible region of the spectrum but these bands
are generally weaker than the ultraviolet absorption bands. The only other
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Figure 3.2 Attenuation of solar radiation. (a) Normalized blackbody curves for 5780K (solar)
and 255K (planetary), plotted so that irradiance is proportional to the areas under the curves.
(b) Atmospheric absorption in clean air for solar radiation with a zenith angle of 50° and for diffuse
planetary radiation at | Ikm height above the surface, near the middle latitude tropopause. (c) Same as
for (b) but at the Earth’s surface. Reproduced, with permission, from Goody, R.M., 1964, Atmospheric
Radiation, Oxford University Press: Page 4, figurel.|

significant absorber of solar radiation is water vapour, which has a number
of absorption bands in the near infra-red part of the solar-radiation spectrum.
The absorption bands of water vapour have a very significant effect on the
amount of solar radiation actually reaching the surface, because of the large
amount of solar radiation in this region of the spectrum. This effect is illus-
trated in Figure 3.2. The variability of the amount of water vapour present
in the atmosphere means that the effect of its infra-red absorption will vary
over the globe.
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Molecular scattering is proportional to A~#, where A is the wavelength of
the incident photon. Thus, the shorter-wavelength light is scattered rather
more than the longer-wavelength light. For example, blue light scattering is
four times greater than red light scattering and hence the direct solar beam
loses a significant fraction of its blue light. On a clear day, with a dust-free
atmosphere, the shortest wavelength radiation is seen at the anti-solar point,
i.e. the point at 180° to the direction of the Sun and at the same elevation as
the Sun. This part of the sky often has a purple hue and ultraviolet radiation
is at a maximum from this direction.

The presence of small suspended particles in the atmosphere, of diameter
generally less than a few micrometres, has a significant influence on the
radiation received at the surface. Such particles, called the aerosol, can both
scatter and absorb radiation. The scattering of solar radiation tends to increase
the path length of a photon through the atmosphere and therefore it leads,
indirectly, to an increase in the probability of absorption. The scattering by
the aerosol varies as 271, ie. it is not so strongly wavelength dependent
as molecular scattering, and therefore it is significant throughout the solar
spectrum. From Figure 3.3, it can be seen that the attenuation by the aerosol
increases as the elevation of the Sun decreases. This is the result of the
increased path length through the atmosphere and, therefore, the increased
chance that a photon will be absorbed. Hence, in polar latitudes in summer,
an aerosol layer will tend to produce enhanced absorption.

The aerosol scatters radiation back to space and therefore increases the
global albedo (see 1.5) of the planet, which will influence the climate system.

There are many kinds of aerosol in the atmosphere, but a broad classifi-
cation into two major types is possible. Considering the Earth as a whole,
natural aerosol dominates over man-made aerosol although the latter may
be dominant in industrial regions, for example North America, Europe
and China.

The natural aerosol is produced by wind turbulence at the Earth’s surface.
Over land the particles are mainly silica and clay whilst over the ocean they
are mainly salt. In addition, volcanic activity can inject large quantities of
sulphur particles into the troposphere and the lower stratosphere. In the El
Chichon eruption in 1982, it is estimated that 107 tonnes of material were
injected into the stratosphere and, in Hawaii; the direct solar radiation was
reduced by approximately 7% following the explosion. The aerosol produced
by El Chichon was traced across the Pacific Ocean for many months. Other
sources of the natural aerosol include forest fires, which can inject large
quantities of carbon particles into the troposphere. These carbon particles
are particularly effective in absorbing solar radiation. An important type
of aerosol is formed from hygroscopic substances such as sodium chloride.
These aerosols act as very effective cloud condensation nuclei and hence
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Figure 3.3 Molecular scattering, absorption and scattering by aerosols for a solar zenith angle of 0°
(upper) and 75° (lower). The zenith angle is the angle between the vertical and the Sun. The upper
curve shows the spectral distribution of the solar constant, while the lower curve represents the
spectral distribution of the direct solar beam at the sea surface, for clear dry weather (equivalent
to water thickness equal to Icm). The areas of oblique lines, cross-hatching and dots represent,
respectively, the effects of molecular scattering, absorption and scattering by aerosols. Reproduced,
with permission, from Ivanoff, A., 1977 Ocean absorption of solar energy in Modelling and Prediction
of the Upper Layers of the Ocean, ed. Kraus E.B.: (Oxford, Pergamon): page 49 figure 5.3

maritime salt haze becomes particularly effective in reducing solar radiation
when the humidity reaches approximately 95%.

Human activities increase the input of sulphur into the troposphere in
the form of sulphur dioxide and ammonium sulphates, and the effect of
this input is important in both the formation of acidic rain and its influence
on solar radiation. The carbon input from coal- or oil- based industries can
also produce very significant reductions in the solar radiations. A dramatic
example was the ignition of o0il wells in Kuwait following the first Gulf war
(1991). This produced a 5 km-deep plume of smoke which extended for many
hundreds of kilometres downwind. In the centre of the plume, the solar
radiation was reduced to zero and the surface temperature dropped by 10°C.
Again, as with the salt haze, as humidity increases, condensation occurs on
hygroscopic pollutants, such as ammonium sulphate, and this increases their
influence on the solar radiation.
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Figure 3.4 Schematic diagram of scattering and absorption by an atmospheric aerosol layer

Figure 3.4 shows how the aerosol may affect the path of a photon through
the atmosphere. The back-scattering of incident photons from the aerosol will
tend to enhance the albedo of the atmosphere. The photons which are not
back-scattered into space, in the absence of gas absorption or clouds, will
either be absorbed by the aerosol or reach the Earth’s surface. Some of the
photons will be reflected back into the atmosphere by the surface. A fraction
of the reflected photons will be back-scattered to the surface by the aerosol
and the remaining photons will be lost to space. The relative magnitudes of
each fraction will depend on the absorption to back-scattering ratio of the
aerosol and the surface albedo. Although these properties depend on the type
of aerosol and the type of surface, some broad trends have been identified.

First, if the surface albedo is less than 30%, then the aerosol will tend
to increase the planetary albedo. Surface albedos of such magnitudes are
typical of all ocean surfaces and most land surfaces except for sand deserts.
If the surface has a higher albedo, light trapping between the surface and the
aerosol will tend to decrease the planetary albedo.

Second, the absorption to back-scattering ratio varies between 1 and 20% for
maritime ‘salt’ particles and rises to 500% for carbon particles. Thus, maritime
aerosols attenuate radiation primarily by scattering whilst carbon particles
attenuate radiation by absorption. Figure 3.5 show the effect on solar radiation
of a dust storm in the southern Sahara. It is noticed that the direct solar
radiation is dramatically reduced by dust, although the global solar radiation,
i.e. the radiation from all directions, which includes scattered radiation, is
only reduced by approximately 15%. Hence the major influence of the dust
is the scattering of the light rather than the absorption of radiation. Aerosols,
both naturally occurring and man made, have an important influence on
surface temperature from local scales to the global scale.
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Figure 3.5 Solar radiation attenuation during a dust storm. (a) Normal incidence of radiation during
the dust storm (13 November 1977) and clear sky (I5 November [977) as a function of local time. (b)
Same as for (a) except for global radiation (direct + diffuse). Note the large depletion of direct solar
radiation but the smaller depletion of global radiation. Reproduced, with permission, from Adetunji, J.
et al, 1979, Weather, 30: pages 434 and 435, figures 4 and 5
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The last and most significant influence on solar radiation is that of clouds.
Cloud droplets are typically larger than aerosol particles, usually varying
between 1 and 20 um in diameter. In this size range, the scattering is domi-
nated by diffraction which tends to produce scattering at small angles from
the angle of incidence. This diffraction-dominated scattering does not tend
to be dependent on wavelength. The absorption to back-scattering ratio from
clouds is very small and therefore the predominant influence on solar radia-
tion is back reflection. Particularly spectacular is the reflection from cumulus
clouds on an otherwise clear day. Of course, ice is an important scatterer
of radiation as well, but it tends to be more effective at scattering radiation
at larger angles from the angle of incidence than water droplets. Therefore,
close to the Sun, ice clouds appear less bright than water clouds. However,
the opposite is the case for clouds in the direction away from the Sun. In
addition, because the ice crystals are hexagonal, plate and columnar prism
optical processes are important, and these produce a fascinating series of
optical phenomena. The more common phenomena include the appearance
of a 22° halo around the Sun and the production of parhelia, or mock Suns.

The quantitative influence of clouds on solar radiation is dependent on:

(i) The solar elevation.
(i) The thickness of the cloud.
(iii) The size, distribution and amount of liquid water in the cloud.

Though absorption is small, typically less than 10% and probably often
as low as 5%, it is enhanced by scattering, which increases the path length
within the cloud and hence the probability of absorption. The transmission
of the direct beam is also dependent on the type of cloud. For example, the
direct beam is significantly attenuated by low-level clouds and therefore a
stratocumulus cloud of 400 m thickness will be sufficient to obliterate the
Sun’s disc. As the thickness of the cloud increases, the transmission decreases
and the albedo increases, approaching a value between 80 and 90%. A
decrease in the elevation of the Sun will also result in a decrease in the
transmission of the direct beam and an increase in back-scattering by clouds.
A generalized quantitative analysis is not possible, however, because of the
differences between clouds of the same general type.

Figure 3.6 shows a detailed breakdown of the downward and the upward
components of solar radiation measured through the low-level stratocumulus
cloud, which is particularly common over the ocean. The cloud is 200-400 m
thick on average and, in common with other low-level clouds, it has a high
liquid water content of between 0.1 and 0.5g m~>. The albedo of the cloud
is 68% and, of the solar radiation not reflected, 25% is transmitted through
to the surface and 7% is absorbed by the cloud. Though absorption is a
relatively small contribution to the attenuation of the incident solar radiation
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Figure 3.6 The observed short-wave (S) fluxes measured from three aircraft during the JASIN
experiment (August 1978), corrected to a solar zenith angle of 43.7° for a stratocumulus cloud. The
calculated heating-rate profile is shown in the right-hand diagram. Reproduced, with permission, from
Schmetz et al., 1983, Results of the Royal Society Joint Air — Sea Interaction Project (JASIN), The Royal
Society: page 380, figure 2

when compared with the amount reflected, it is, in this case, equivalent to
52 W m~2. This is sufficient to warm the upper part of the cloud by 20-40
Kday~! and offset the long-wave cooling from the cloud top. It is noted that
only a small fraction of the downward solar radiation is reflected from the
surface and this is consistent with the general observation of the low albedo
of the ocean surface.

For a non-uniform broken cloud, it is more difficult to characterize and
quantify the solar radiation. The solar radiation may vary by 50% of the
average value between clear and cloudy air. In addition, side reflections from
the cloud may enhance the radiation above that measured under clear-sky
conditions. For these reasons, it is necessary to obtain statistical relationships
between the fraction of cloud cover and the solar transmission. In this respect,
satellite techniques are very useful for estimating the albedo for ensembles
of clouds.

3.3 Absorption of planetary radiation

The predominant absorption of planetary radiation is by water vapour,
carbon dioxide and ozone. All of these gases consist of triatomic molecules
which have vibration-rotation absorption bands in the infra-red region of
the spectrum, unlike diatomic molecules, such as oxygen and nitrogen,
and the noble gases which exist as single atoms. The detailed properties
of the absorption curves are complicated, particularly for water vapour, as
illustrated by Figure 3.2, but some bands are more intense than others. These
strong bands occur in the near infra-red at 1.4, 1.9, 2.7 and 6.3 um and the
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continuum absorption band stretches from 13 to 1000 um. The importance of
this latter absorption band cannot be overemphasized, since more than 50%
of the planetary radiation occurs at wavelengths greater than 13 um. Carbon
dioxide has its principal absorption bands at 2.7 and 4.3 um, with a further
strong band at 14.7 um. Ozone has bands at 4.7, 9.6 and 14.1 um. The 9.6 um
absorption band coincides with the maximum of the planetary radiation
emitted from the surface. One of the broad features of the absorption band
typical of the atmosphere as a whole is the absence of absorption bands
between 8 and 13 um except for the 9.6 um absorption band of ozone. It is
noted that this region between 8 and 13 um is within the peak emission region
of the planetary radiation spectrum and some 32% of the total planetary
emission resides within it. The region is known as the ‘atmospheric window’
because, in the absence of clouds, planetary radiation should pass through the
atmosphere almost unimpeded. However, recent work has shown that, with
high water vapour concentrations typical of the tropical latitudes, additional
absorption peaks appear in the window region as the result of the formation
of water-vapour dimer, (H>O),. The water dimer is formed by the joining
together of two water molecules by hydrogen bonding. Although it only exists
in low concentrations when compared with water vapour, it has significant
rotation — vibration absorption bands in the atmospheric window. With very
high water-vapour concentrations, typically greater than 20mb in tropical
environments, the dimer has an important influence in reducing the long-
wave radiation lost to space. The presence of this dimer may lead to doubling
of the absorption at 10um (under conditions favourable to its formation).
Other minor gases, such as nitrogen oxides, methane and carbon monoxide,
also have absorption peaks in the infra-red spectrum and therefore contribute
to the absorption of planetary radiation. These gases are collectively known
as ‘greenhouse’ gases, though carbon dioxide is the most effective absorber
of planetary radiation.

In addition to gaseous absorption, the continuous absorption throughout
the infra-red spectrum of liquid water droplets is also of prime importance in
the absorption of planetary radiation. Ata wavelength of 10 um, a liquid water
film only 60 um thick is sufficient to absorb 95% of the incident radiation,
although care has to be exerted to distinguish between the absorption by
plane water surfaces and by spherical droplets. In the latter case, scattering
becomes an important process. As an example, a cloud 200m thick with
a liquid water concentration of 0.1 gm™= would absorb about 90% of the
incident planetary radiation. Therefore, a reasonable thickness of unbroken
cloud would be sufficient to absorb all the incident planetary radiation. Ice has
a similar infra-red absorption to liquid water, but the total water content in
ice clouds is generally much less than that found in mixed and water droplet
clouds lower in the troposphere because of the low temperatures that prevail.
Hence, ice clouds will not be as effective in absorbing infra-red radiation.
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Typically cirrus cloud has an infra-red absorptivity of 35% compared with an
absorptivity of 100% for stratocumulus.

Additional absorption by aerosols occurs, but this effect is not as marked
in the infra-red as it is at visible wavelengths because of the A~! dependence.
However, the importance of hygroscopic nuclei when considering infra-red
absorption cannot be overstressed, since the particles will grow by conden-
sation and absorption will increase because of the water which becomes
attached to the nuclei. It should therefore be expected that a significant
increase in absorption of planetary radiation will occur as the humidity rises
and such an increase could well be anticipated in the marine atmosphere and
over industrial areas where hygroscopic nuclei may be produced in large
concentrations.

3.4 Vertical temperature profile and its relation to radiation

The mean vertical temperature profile for the atmosphere is shown in
Figure 3.7. The most important features are the three turning points, known
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Figure 3.7 Global vertical temperature profile, delineating the four major regions of the atmosphere:
the troposphere, stratosphere, mesosphere and thermosphere. Reproduced, with permission, from
Wallace, .M. and Hobbs, P.V., 1977, Atmospheric Science, Academic Press: page 23, figure 1.8
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as the tropopause, the stratopause and the mesopause, which allow a
quantitative division of the atmosphere into four distinct layers; the tro-
posphere, the stratosphere, the mesosphere and the thermosphere.

The troposphere accounts for 80% of the mass of the atmosphere and it
is a region of strong vertical mixing. It is associated with our experience of
‘weather” and is most important for the condensation of water vapour, the
average decrease of temperature with height being 6.5 Kkm™!. The strato-
sphere contains about 19.9% of the mass of the atmosphere and it is a region of
very pronounced stability. The temperature increases with height at a rate of
approximately 2 K km~!, compared with the decrease of 9.8 Kkm ™! expected
for a dry neutrally buoyant atmosphere. The stability of the stratosphere is
most marked between 30 and 50 km, where the absorption of solar radiation
by ozone reaches a maximum. It is noted that the maximum ozone concen-
tration occurs in the lower stratosphere. Although the tropopause forms a
pronounced stability barrier between the stratosphere and the troposphere,
it is highly variable in position. Occasionally, the troposphere may extend
down to 6 km and, in these conditions, stratospheric air may be drawn into
the troposphere, most commonly along frontal boundaries. There is a high
ozone concentration in this stratospheric air and it is therefore possible to
trace, from ozone concentrations, its incursion into the troposphere. In the
tropical atmosphere the tropopause may extend to over 15km in height,
particularly in regions of intense thunderstorm activity.

The inherent stability of the stratosphere inhibits the vertical mixing of
aerosols and they therefore have a long residence time, typically of the order
of one to three years compared with some 10 days in the troposphere. This fact
has important consequences for the climatic effects of volcanic aerosols. The
El Chichon explosion of 1982, though of smaller magnitude than the Mount
St Helens eruption of 1980, injected considerably more volcanic aerosol into
the stratosphere. The dust cloud, composed mainly of sulphur particles
and sulphuric acid droplets, was tracked across the Pacific Ocean for many
months following the explosion and it produced significant reductions in
solar radiation in Hawaii, over 6000 km from the volcano in Mexico, as has
been previously stated. The Pinatubo eruption in June 1991 injected about
three times as much sulphur dioxide into the stratosphere as did the El
Chichon eruption. This resulted in a global surface cooling of 0.5°C about
12 months after the explosion. Man-made pollutants will have similar long
residence times in the stratosphere and it is in this region, therefore, that their
climatic effects may be first observed. The production of chlorofluorocarbons
(CFC’s) in the 20th century has caused the reduction in stratospheric ozone
observed in the last 50 years. Ozone levels will continue to decrease for many
years to come, despite the significant decrease in the production of the CFC'’s
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since Montreal protocol in 1987, because of the long residence time of this
pollutant in the stratosphere.

The stratosphere interacts strongly dynamically with the troposphere below
and is important on time scales of weeks to climate scales.

The mesosphere contains 0.1% of the mass of the atmosphere and it is
less stable than the stratosphere, with temperatures decreasing with height
to reach a minimum of 190K at 80 km. The mesosphere is dynamically
active, and is associated with atmospheric tides and waves (Section 8.6). The
temperatures are sometimes sufficiently low to produce freezing of the low
concentration of water vapour present and to produce noctilucent clouds.
These clouds are normally translucent to the direct solar radiation incident
upon them but they can sometimes be seen in summer. The mesosphere and
stratosphere together are known as the middle atmosphere.

Above the mesopause is the thermosphere, where the temperature increases
steadily with height. In this region, the molecules become very well separated
and collisions become so infrequent that we can no longer treat the atmosphere
as an ideal gas. Furthermore, the thermosphere does not behave as a simple
fluid because the electrically charged particles present will move differently
to neutral charge entities.

Consideration of the processes which produce the observed temperature
distribution in the lower 100 km of the atmosphere is now in order. The
detailed processes of absorption of solar radiation and long-wave planetary
radiation in the atmosphere have already been discussed and this information
may now be used to obtain a model of the vertical distribution of radiation
and temperature. Consider a horizontal slab of the atmosphere as depicted
in Figure 3.8. The net rate of heating (or cooling) of the slab will depend on:

(i) The absorption of solar radiation, AE.

(ii) The absorption of long-wave radiation from the atmosphere above, ALy,
and below the slab, AL,.

(iii) The re-emission of long-wave radiation at the slab temperature, L.

Hence, following the above notation, the energy budget of the slab is
given by:

ar

mCp—

Pt

Where m is the mass of the slab and C;, is the specific heat of air at constant
pressure.

In radiative equilibrium, dT/dt = 0, i.e. the rate of change of temperature

with time is zero. Therefore the radiation absorption is balanced by the

= AE+ ALy + ALq — 2Le (3.1)
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Figure 3.8 Radiation budget of a thin layer of the atmosphere (see text for nomenclature)

radiation re-emission. As has been noted earlier, the absorption in a clear,
cloud-free atmosphere depends on:

(i) The mass of the absorbing gas.
(ii) The path length through the gas.
(iii) The absorption coefficient for the gas for each wavelength.

Ideally, the absorption coefficients would be calculated for each radiation
wavelength between 0.1 and 100 um but this is very time consuming even
with high-speed computers, and therefore approximations to the absorption
spectra are made. The simplest approximation is to associate a single absorp-
tion coefficient with the solar radiation band and another with the long-wave
planetary radiation band. Similarly, for emission, an effective emissivity, ¢,
can be defined which depends on the mass of carbon dioxide, water vapour
and ozone present. Hence, if the vertical distribution of these gases is known,
then the atmosphere can be divided up into a number of levels and equations
similar to equation 3.1 may be written down for each level. The long-wave
emission term, L., where L. = o T#, can be adjusted by iteration until it
balances the other terms in the equation.

Figure 3.9 shows the results of this type of calculation for a cloud-free
atmosphere composed of carbon dioxide, water vapour and ozone. The
results of the same calculation for

(i) Carbon dioxide only.
(ii) Carbon dioxide and water vapour only.
(iii) Water vapour only.
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Figure 3.9 Radiative equilibrium temperature profile for various atmospheric absorbers in the
absence of clouds. The absorbers are water vapour (H,O), carbon dioxide (CO;) and ozone (O3).
The effects of both long-wave radiation and solar radiation are included. Reproduced, with permission,
from Manabe, S. and Strickler, R.F., 1964, Journal of Atmospheric Science, 21: page 371, figure 6a

are also shown in Figure 3.9. It can be seen that, without ozone absorption,
the temperature would decrease with height up to 100km and the stable
stratosphere would not exist. This profile is similar to the atmospheric
profiles of Venus and Mars, where ozone occurs in insufficient quantities
to produce a stratosphere. Another interesting feature is the role of water
vapour which is very important in the absorption in the lower troposphere.
In a water-free atmosphere, the troposphere and the surface temperature
would be considerably cooler than present observations show. It is also
interesting to note the shielding effect of tropospheric water vapour on
the stratospheric temperature. In the absence of water vapour, long-wave
radiation is transmitted from the surface into the stratosphere and hence
produces an increase in stratospheric temperature. The carbon dioxide does
contribute significantly to the warming in the atmosphere but, because it is
well mixed throughout the atmosphere, it tends to warm the stratosphere
as much as the troposphere. It is noted that in the realistic model, as
illustrated by Figure 3.9, the calculated surface temperature is 330 K, whilst
the observed surface temperature is approximately 288 K. The reason for this
discrepancy is that the vertical temperature gradient in the lowest 10 km is
unstable (see Section 2.6) for the radiative equilibrium profile. If the model
is adjusted to a stable temperature profile, then the surface temperature
approaches the observed value and the temperature in the upper troposphere
is increased. The assumption inherent in this temperature profile stabilization
is that convection will continually readjust the vertical temperature profile
by transferring heat from the surface to the upper troposphere. Hence the
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radiation will always be endeavouring to produce an unstable gradient near
the surface but, because of the efficiency of convection in the vertical transfer
of heat, the surface will not come into radiative equilibrium. However, very
close to the surface, below a height of about 1m, unstable temperature
gradients may be maintained. This occurs when the solar heating of the
surface is large and small-scale convection near the surface is not sufficiently
vigorous to completely adjust the vertical temperature gradient.

These model results will be complicated by clouds, aerosols and horizontal
variations in the distribution of water vapour and ozone in the atmosphere. It
is model calculations such as these that have been used to obtain estimates of
the increase in surface temperature as a result of increasing levels of carbon
dioxide in the atmosphere.

The fluxes of radiation for the observed global atmosphere are indicated
in Figure 3.10, which assumes a solar flux of 100 units at the top of the
atmosphere but, because of the variability of the absorption and reflection
processes, the diagram can only act as a guide to the magnitude of the
processes involved. In common with the approach in Sections 3.2 and 3.3,
the solar and planetary radiation will be divided into two separate streams.
Of the 100 units of solar radiation incident on the top of the atmosphere,
49 units are absorbed by the Earth’s surface, 31 units are reflected back into
space and 20 units are absorbed by the atmosphere. The major reflectors of
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solar radiation are the clouds and aerosols, whilst the main absorbers are the
atmospheric aerosol; water vapour; ozone and carbon dioxide. It is noted that,
globally, the Earth’s surface reflects only nine units back to space because of
the low albedo of the oceans. The Earth’s surface and atmosphere, to maintain
thermal equilibrium, must lose heat at the same rate as it is absorbed from
solar radiation.

The planetary radiation budget for the surface and atmosphere is rather
more complicated than for solar radiation because of the re-emission of
radiation by the atmosphere, known as the ‘greenhouse effect’. For instance,
114 units of planetary or long-wave radiation are emitted from the Earth’s
surface, of which 102 units are absorbed by the atmosphere and the remaining
12 units are lost to space through the atmospheric window. The atmosphere
re-emits 95 units back to the Earth’s surface and therefore the net long-wave
flux from the surface is only 19 units. Furthermore, the surface gains 49 units
by solar radiation and therefore has a net surplus of 30 units of total radiation
(i.e. solar + planetary). To maintain the thermal equilibrium of the surface,
it is necessary to transfer this surplus heat to the atmosphere by convection
and by the evaporation of water.

Globally, about 75% of the surplus heat is used to evaporate water, though
this fraction will vary between land and ocean. Over land about 50% of
the energy is used for evaporation whilst over the ocean about 90% of the
available energy is used. The atmosphere absorbs 102 units of long-wave
radiation emitted from the surface but re-emits 95 units back to the surface
and 57 units to space. Therefore the atmosphere has a net deficit of long-
wave radiation of 50 units. Furthermore, solar absorption by the atmosphere
accounts for only 20 units and therefore there is a net total radiation deficit of
30 units for the atmosphere. The global atmosphere will always be continually
cooling by radiation processes at the rate of 30% of the incident solar radiation
~100 W m~2. The mass of the atmosphere per unit area is ~10* kg m~2 and the
specific heat at constant pressure is 1000 ] kg~! K~!. Therefore the cooling rate
is 10%/(10° x 10*) K s~! or 1K day~!. Hence the atmosphere will continue to
cool by radiation at ~1 K day~!. Therefore to maintain the thermal equilibrium
of the atmosphere, it is necessary to transfer heat from the Earth’s surface
by turbulent heat conduction and by the latent heat of evaporation of water.
Upon condensation the heat is released to the atmosphere.

Figure 3.11 shows the net heating rates observed for the atmosphere. The
continual convection of heat, both horizontally and vertically, implies that the
atmosphere will never be in radiative equilibrium. It is noted that, in general,
the tropical stratosphere is always heating up, mainly as a result of ozone and
carbon dioxide absorption, whilst the troposphere is cooling at rates between
0.5 and 1.8K day !, except over the poles where some heating is observed
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Figure 3.11 (a) Mean total radiative heating (K day~') for December—February. (b) Mean total
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in the summer hemisphere. The largest cooling rates occur over the surface
and at the top of the equatorial troposphere, where high temperatures and
high humidities result in a large loss of long-wave radiation. To maintain this
cooling rate, heat must be continually convected from the surface into the
atmosphere.
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3.5 The absorption of solar radiation in the ocean

The ocean absorbs the largest fraction of solar radiation incident on the
Earth’s surface because of its great area (70.8% of the Earth’s surface) and
its low surface albedo. The manner in which this radiation is absorbed is
of importance in understanding both the heating distribution in the ocean
and the stability of the ocean. Furthermore, the biological activity of the
ocean is primarily dependent on the direct absorption of the incident solar
radiation by microscopic phytoplankton. The rate of phytoplankton growth,
or primary production, is a major control on the development of food chains
which ultimately determine the productivity of fisheries and the population
of the larger sea mammals at the ends of these chains.

It can be shown that the attenuation of solar radiation by pure sea water
can be represented by an exponential law of the following form:

E;(z) = E;oexp(—k;z) (3.2)

where k, is the attenuation coefficient at a wavelength 1 and E,(z)
is the solar radiation intercepted at a depth z below the ocean surface. E;o
represents the solar radiation incident on the sea surface at a wavelength A.
The variation of k; with wavelength is depicted in Figure 3.12a for the solar
spectrum.

The main feature is that the coefficient varies by a factor of 107, with a
minimum value at 0.46 pm, in the blue region of the spectrum and maximum
values in the ultraviolet and near infra-red regions of the spectrum. The
inverse of the absorption coefficient, 1/A, gives a measure of the depth of
penetration of the radiation, z, (). Substituting in equation 3.2:

Ei(zp) = Exoe™' or 0.37 Ej

Thus the penetration depth, z,,(4), is the depth to which 37% of the incident
radiation penetrates. At 0.46um, this depth is 55m, whilst at 0.3 um, in
the ultraviolet, it is 10cm and at 1um, in the infra-red, it is 1cm. The
strong absorption of ultraviolet radiation was important in shielding early
organisms from high doses of ultraviolet radiation at a time when the ozone
layer in the atmosphere was non-existent, as previously discussed in Section
2.1. Less than 1% of the most penetrating blue radiation will reach 500 m
and even the human eye, which has a truly remarkable ability to see objects
at radiation levels as low as 50 x 107® Wm™2, would not be able to detect
any solar radiation below a depth of 800 m. For these reasons the majority
of the ocean depths are dark and do not directly benefit from solar radiation
absorption.

The absorption of the solar spectrum in pure sea water, depicted in
Figure 3.12b, shows the majority of infra-red radiation is absorbed in the
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first 1cm of the ocean and that all of it is absorbed within 1m of the
surface. Thus over 55% of the incident solar radiation is absorbed in the first
metre of sea water but, once the infra-red and ultraviolet components have
been eliminated, the rate of absorption with depth decreases, progressively
removing the red and orange components of the solar spectrum and leaving
only the most penetrating blue component. The sea water, therefore, acts as a
monochrometer, removing all colours except blue below a depth of 10 m. The
blue colour of sea water is predominately the result of the absorption process
rather than the Rayleigh scattering from sea water molecules. A person
looking downwards into the ocean sees light that has been back scattered
from successive layers of water. Since all of the other colours except blue have
been absorbed very rapidly, a large proportion of the back-scattered light
comes from layers where only blue light has penetrated. The blue colour of
the ocean surface is enhanced by the reflection of ‘sky light’.

Thus far only the absorption of solar radiation by pure sea water has been
considered. Only in regions of very low biological productivity situated at a
considerable distance from estuarine environments does the pure sea water
absorption approach reality. The centres of the large sub-tropical gyres, such
as the Sargasso Sea, are such regions of very clear ocean water. In regions
of significant primary productivity, the colour of the sea water changes
from dark blue to blue-green. The minimum of absorption no longer occurs at
0.46 um but is shifted towards the green and occurs at approximately 0.48 um.
The shift is primarily the result of the presence of chlorophyll which absorbs
strongly in the purple and the blue and, less significantly, in the red part of the
spectrum. In addition to the colour change, the presence of chlorophyll also
reduces the overall penetration depth of solar radiation. In very productive
waters, such as the equatorial upwelling region, the penetration depth for
blue light at 0.46 um is ~10m, compared with a penetration depth in pure
sea water of 55 m. However, the most significant effects are found in coastal
waters over the continental shelves. Here, strong tidal mixing and large
inputs of suspended solids from rivers increase the absorption coefficient
dramatically and penetration depths of ~1m for blue light are observed.
In addition, chlorophyll pigment and other biologically-derived pigments
produce variations in the perceived colour of sea water. For example, a
yellow pigment, called gelbstoff, which is prevalent in European coastal
waters, has a very strong absorption in the blue part of the spectrum. Thus
the most penetrating wavelengths occur around 0.55 um in the yellow part of
the visible spectrum. The presence of large quantities of suspended mineral
sediment in some coastal waters tends to impart a grey colour because of
scattering by the mineral particles. Occasionally, a red pigment, produced by
a particular species of phytoplankton, can cause a phenomenon known as
‘the red tide’. This pigment can be remarkably toxic to many other organisms
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Table 3.1 Penetration depth (metres) of solar radiation (0.3 — 2.4 um) in typical ocean and coastal
wafer masses

Water Example of Depth for attenuation of 90%  Depth for attenuation of 99%
type water type of incident solar radiation of incident solar radiation
Ocean|  Sargasso Sea 33 85
Ocean Il North-eastern Atlantic 14 45
Equatorial East 8 25
Ocean Il Pacific (upwelling)
Coastal |  Continental shelf-break 7 20
Coastal 9  Baltic Sea 2 5

and it is, therefore, usually associated with a temporary absence of fish and
other forms of marine life.

Table 3.1 shows the typical penetration depths of solar radiation for different
types of water masses. The most important point to notice is that, because
of the presence of biologically derived pigments and mineral and calcareous
particles in the ocean, the average penetration depth is much less than that of
pure sea water. All of the incident solar radiation is effectively absorbed within
the uppermost 100 m of the ocean. Thus the ocean is warmed from above and
the formation of a warm surface layer enhances the stability of the ocean,
in the same way that the stability of the stratosphere is enhanced by ozone
absorption. This is in marked contrast to the troposphere, where radiative
heating of the surface maintains hydrostatic instability and convection.

3.6 Diurnal and seasonal temperature cycles in the ocean

We will now consider the temperature in the surface layers of the ocean in
response to the diurnal and seasonal cycles of solar radiation. Absorption of
solar radiation, in the absence of vertical mixing, may produce temperature
changes in the upper 10 cm of the ocean ranging from 0.1°C day~! in winter
to 4°C day~! during summer. This is because of the rapid absorption of the
solar near infra-red radiation (>0.8 um) shown in Figure 3.12b.

The observed temperature changes over a diurnal cycle (Figure 3.13) are,
however, typically less than 1°C in the upper 1m over the day. The weak
vertical mixing caused by the surface wind stress and waves during the
day mix the warm surface layers with underlying cooler layers. Even on a
perfectly calm and clear day, there is a cooling of the surface 1 mm of the
ocean, known as the surface skin, caused by latent heat of evaporation and
long-wave radiation from the ocean surface to the overlying atmosphere.
On calm days, the maximum temperature occurs in the afternoon, about
two hours after the maximum of solar heating. The diurnal thermocline is
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Figure 3.13 Diurnal change in temperature in the surface of the ocean. Reproduced, with permission,
from Robinson, 1.S. 1995, Satellite Oceanography, Wiley-Praxis Series in Remote Sensing: page 210,
figure 7.5

removed during the night due to surface cooling, which produces vertical
convection and mixing of this layer. The diurnal thermocline only occurs
when the wind generated vertical mixing is weak and the solar heating is
large, and therefore is most commonly found in the tropical oceans.

The seasonal temperature changes in the surface layer shown in
Figure 3.14a, b, ¢ are similarly governed by the processes of the absorption
of solar radiation, cooling at the sea surface and vertical mixing. The cooling
at the sea surface is due to heat lost from the surface to the atmosphere
by latent heat of evaporation, long wave radiation and heat conduction.
In late winter (March in Northern Hemisphere, Figure 3.14a), the surface
water column is homogeneous down to depths of ~100-200m, due to a
combination of winter cooling and wind mixing. Warming of the surface
layers starts to occur as the solar radiation increases in spring and a seasonal
thermocline becomes established at the boundary of the warm surface
layer and cooler deeper water. As more solar radiation is absorbed in the
surface layer, the buoyancy increases and the layer becomes hydrostatically
stable. Increased stability reduces the vertical mixing. Once the seasonal
thermocline is established, it is remarkably resilient to vertical mixing by
transient storms. The surface layer continues to increase in temperature
for about two months after the summer solstice, when the maximum solar
radiation occurs. The sea surface temperature reaches its maximum value
in late summer (Figure 3.14). In autumn, surface cooling by evaporation,
heat conduction and long-wave radiation exceeds the solar heating and
this results in surface cooling of the surface layer. The surface cooling will
produce a hydrostatically unstable surface layer. Vertical convection will
transport the colder surface water downwards and warmer deeper water
upwards. This cooling, in conjunction with increased wind stress, increases
the vertical mixing of the warm surface layer which, in turn, increases the
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Figure 3.14 The annual cycle of temperature in the upper layers of ocean in the eastern North
Pacific. (a) Vertical temperature profiles for different months. (b) Isotherms (°C) of temperature over
the seasonal cycle. (c) The seasonal temperature cycle for different depths. The seasonal thermocline
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of the seasonal temperature cycle. Reproduced, with permission, from Pickard G.L. and Emery, W.J.
Descriptive Physical Oceanography (5th Edition), Pergamon Press,: page 45, figure 4.6, reproduced by
permission of Butterworth Press
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cooling of the surface mixed layer. The heat added to the surface layer during
summer is removed during the autumn and winter, and is transferred to
the overlying atmosphere. As the heat is depleted, vertical mixing is able to
penetrate to deeper levels in the ocean. In the North Atlantic, the maximum
depth of surface mixing is typically between 100 and 200 m, though in the
Labrador and Irminger Seas, the mixing may extend to depths of 1000 m or
more. In the North Pacific, the presence of a halocline limits the depth of
mixing to about 100 m. The halocline is the boundary between the surface
fresher layer and the more saline lower layer, and this enhances the vertical
stability of the North Pacific Ocean (see Section 2.6).

Thus it has been shown that the diurnal and seasonal cycles of temperature
in the upper ocean are caused by the absorption of solar radiation, mediated
by the heat exchange between the ocean and atmosphere, and wind mixing.






4

Water in the Atmosphere

4.1 Introduction

The atmosphere is the smallest reservoir of water on the planet Earth,
containing only 0.001% of the total mass of water present. In comparison, the
ocean contains 96.8%, the ice caps of Antarctica and Greenland contain 2.0%
and the freshwater reservoirs (groundwater, lakes, and rivers) contribute
the remaining percentage. However, the effect of the water present in the
atmosphere is by no means small. It has already been shown that water
vapour in the atmosphere is an important absorber of both solar and long-
wave planetary radiation and that, upon condensation, liquid water droplets
can both reflect solar radiation back into space and intercept long-wave
radiation from the surface and the atmosphere.

When water vapour condenses there is a large release of latent heat. For
each kilogram of condensed water produced, 2.4 MJ of energy are released.
The input of energy into the atmosphere, from condensation of water vapour,
is equivalent to 23% of the solar flux incident on the Earth or 78 Wm~2 on
average. Itis, therefore, a major source of energy for driving the circulation of
the atmosphere. For example, trade-wind circulations of both hemispheres are
enhanced by the release of latent heat in the inter-tropical convergence zones
(ITCZ) which straddle the thermal equator. The latent heat of condensation
of water vapour may be released many thousands of kilometres away from
where the evaporation of the water molecules took place and the wind
circulation in the lower troposphere is important in determining the location
of the energy release. Globally, the precipitation rate must balance the
evaporation rate but relatively small variations in the wind circulation can
drastically influence the spatial distribution of precipitation and produce
devastating effects on agriculturally-based economies.

The Atmosphere and Ocean: A Physical Introduction, Third Edition. Neil C. Wells.
© 2012 John Wiley & Sons, Ltd. Published 2012 by John Wiley & Sons, Ltd.
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4.2 The moist atmosphere

Figure 4.1 shows the phase diagram for water within the range of atmospheric
temperatures. The curve AB is the saturated vapour pressure (SVP) over a
plane ice surface and the curve BC corresponds to the SVP over a plane liquid
water surface. The point B represents the point where water vapour, liquid
water and ice can co-exist in equilibrium. It is known as the triple point.

Let us first consider the range of vapour pressure that can exist in the
atmosphere. At temperatures of —50°C, typical of winter-time at the surface
in the polar regions, the SVP over ice is only 0.04 hPa, whilst at 30°C, typical of
the equatorial regions, the SVP approaches 43 hPa. Between 0°C and 30°C, the
SVP approximately doubles for each 10°C temperature rise. Though there is a
large range of water-vapour concentration in the atmosphere, the maximum
value of the SVP is only 4.3% of the surface pressure. This is important
because it allows water vapour to be included in the equation of state as an
ideal gas. At higher concentrations of water vapour this assumption would
not be valid.

In the atmosphere, liquid water can exist below the freezing point and this
is known as a supercooled state. The SVP over a supercooled water surface is
higher than the SVP over an ice surface; thus, a vapour in equilibrium with
a supercooled water surface would be supersaturated with respect to an ice
surface and water vapour would condense preferentially onto the ice surface
(Figure 4.9). This is an important process in the formation of precipitation in
cold clouds and will be discussed in Section 4.5.

Water vapour is a gas with a molecular weight of 18 a.m.u., compared with
a mean molecular weight of 29 a.m.u. for dry air. Hence a mixture of water
vapour and dry air will have a lower mass than the equivalent volume of dry

A
Vapour
Pressure
C
ice liquid water
611 Pa —-—-
vapour
A B = Triple Point
273.16 K Temperature

Figure 4.1 Phase diagram for water in the vapour, liquid and solid phases showing the triple point
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air, assuming that temperature and pressure remain constant. The equation
of state for moist air therefore requires another variable, namely the mass of
water vapour, to determine the relationship between pressure, temperature
and density. The equation of state for moist air gives the mean molecular
weight, 7, of a mixture of dry air of mass My and of water vapour of mass
M in a given volume as:

1 My [1 Mv/Md]
m ma(Ma + My) my/mq

(4.1)

where mg and my are the molecular weights of dry air and water vapour
respectively.

The concentration of water in the atmosphere is defined by a mixing ratio,
g, where

g =M/My 42

The mixing ratio is dimensionless, but meteorologists often express it in
terms of grams of water vapour per kilogram of dry air. Since, for a given
volume, masses are proportional to densities, the above equation may be
rewritten as:

q=pv/pd (4.3)

where p, and pq are the densities of water vapour and dry air respectively.
The ideal gas equations for water vapour and dry air yield the following:

e
= R )T (44)
_ _b—e
o= Rema)T &)

where p is the total pressure of the dry air and water vapour and e is the
vapour pressure of water. Water vapour is not in general an ideal gas but at
low concentrations, such as found in the atmosphere, the approximation is a
valid one.

Substituting equations 4.4 and 4.5 into 4.3 yields:

e My
q= ) e (m—d> (4.6)

Substituting for My /My in equation 4.1 gives:

1 |:1 + Q(md/mv):|

mq 14+¢q

1_ (4.7)
m
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Substituting equation 4.7 into the equation for a mixture of ideal gases, the
ideal gas equation for a moist atmosphere is obtained, namely:

I [1 +q<md/mv)} .

= 4.8
mq 149 (48)

This equation is similar in form to the ideal gas equation for dry air except
for the addition of the factor involving the mixing ratio, 4. An example of
the use of this equation is now appropriate. If the vapour pressure of water
in the atmosphere is 10hPa and the total pressure is 1000 hPa, then using
equation 4.6, q is found to be 6.22 x 103 or6.2 g of water vapour per kilogram
of dry air.

At this stage it is useful to define a virtual temperature, Ty, where

1+ q(md/mv):|

T+e (4.9)

T.=T |:
This virtual temperature is always higher than the actual temperature
but, in practice, the difference is less than 5K. In the middle latitudes the
difference is typically only 1K. In physical terms, the virtual temperature is
the temperature a volume of dry air would have if it had the same density as
an equal volume of moist air. Because water vapour has a lower molecular
weight than dry air, this temperature will always be higher than the actual
temperature.
Another useful parameter is the relative humidity, r, given by

2D 100%

Y =
qs(T)
where g is the actual mixing ratio of the sample of air and g is the saturation
mixing ratio at the same temperature. It gives a useful measure of the
humidity of the moist air mass relative to its saturation value. Hence a 100%
relative humidity corresponds to a saturated air mass.

4.3 Measurement and observation of water vapour

First consider the measurements of water vapour in the laboratory. The most
direct method is to pass air over a flat silver plate which is cooled. The
temperature at which dew first forms, i.e. the dew-point temperature, Ty,
is measured. The water vapour content of the air is unaltered during the
cooling, as shown in Figure 4.2, and hence the saturated mixing ratio at the
dew point temperature is equal to the mixing ratio of the air at its original
temperature, T. The saturated mixing ratio is a known function of dew-point



Water in the Atmosphere 87

q A
Mixing
Ratio
C
s f—-—-—-—-—- >
|
ql—-—-—2 i A
| o
| N
Ty Ty T Temperature

Figure 4.2 Dew-point temperature (T4) and wet-bulb temperature (Ty,) for a parcel of moist air at
temperature T and mixing ratio q (point A). The saturation mixing ratio is given by the curve BDC. The
saturation mixing ratio for the wet bulb temperature is g’s at the point D. The mixing ratio at the dew
point temperature has the same value as the original parcel (point A). The mixing ratio at the wet bulb
temperature (point D) is larger than the original parcel (point A), because of the evaporation of water
into it. Therefore, the wet bulb temperature is lower than the parcel temperature T, but because of
the higher mixing ratio, it reaches saturation at a higher temperature than the dew point

temperature and it can, therefore, be easily obtained from tables. It is noted
that the cooling process must take place at constant atmospheric pressure
to maintain a constant mixing ratio, as shown in equation 4.6. At lower
temperatures, frost rather than dew is more likely to form and, in this case,
the saturated mixing ratio with respect to ice must be used instead of that
with respect to water.

A more practical method for surface measurements of humidity uses an
aspirated psychrometer. In this technique, air is drawn past two thermome-
ters. One thermometer has its bulb covered with a clean muslin cloth which
is kept moist with distilled water. The wet-bulb temperature always lies
between the dry-bulb temperature and the dew-point temperature, except at
saturation when all three temperatures coincide, as shown in Figure 4.2. The
wet bulb evaporates water into the surrounding air, which:

(i) Decreases the temperature of the wet bulb due to the latent energy input
required to produce evaporation.
(ii) Increases the mixing ratio of the surrounding air.

Hence the saturated air surrounding the wet bulb has a mixing ratio g
and is represented by point D in Figure 4.2. The difference between the
saturation mixing ratio at the wet-bulb temperature, g,, and the mixing ratio
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of the environmental air, g, can be shown to be proportional to the difference
between the wet- and dry-bulb temperatures, i.e.

T_Tw:A[q/s_q]

where A is a constant which depends on the ventilation rate of the instrument.
g, can be obtained from tables and hence g is obtained.

Other modern devices use the change in electrical resistance or electrical
capacitance to measure humidity changes.

The distribution of water vapour in the atmosphere is shown in Figure 4.3.
The mixing ratio reaches a maximum in the equatorial zone and rapidly
decreases with both altitude and latitude. This is a general reflection of the
variation of saturated mixing ratio with temperature. The majority of the
water vapour occurs in the lower troposphere, although the small amounts
present in the upper troposphere and the stratosphere have already been
shown to be important for the radiation balance in these regions. If all
the water vapour were to be condensed out of the atmosphere, it would
result in an average global precipitation of 2.5 cm, ranging from 4 cm in the
equatorial regions to less than 0.5 cm over the poles. This can be compared
with the observed global precipitation rate of about 100 cm year~!. The ratio
of the water content of the atmosphere to the observed precipitation rate
gives the time scale for the replacement of atmospheric water vapour by
evaporation from the surface. Thus the average lifetime of a water molecule
from evaporation at the surface to precipitation is approximately nine days
and this is sufficient for the water molecule to be carried around the globe by
the tropospheric wind system before it is precipitated. The relative humidity
distribution shown in Figure 4.3 gives an indication of the efficiency of the
water-holding capacity of the atmosphere. In the equatorial zone, between 0
and 10°, and at latitudes greater than 50°, the surface layers of the atmosphere
have relative humidity above 80%. However in the sub-tropical zone of the
mid-troposphere the relative humidity values are low, attaining values of
only 30% as a result of the descent of drier air from the upper troposphere.
This air will warm by adiabatic compression as it moves downwards through
the troposphere but it will retain its low water content. Hence the relative
humidity will decrease as air moves from the upper to the lower troposphere,
although close to the surface evaporation into the air mass will act to increase
the relative humidity.

4.4 Stability in a moist atmosphere

It has already been shown that water vapour will change the thermodynamic
properties of a sample of air by:
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(i) Decreasing the mean molecular weight of the moist sample in comparison
with a sample of dry air.

(ii) The release of latent heat of condensation when a moist sample reaches
its saturation vapour pressure.

The change in the first property is directly proportional to the mass of water
vapour in a given sample of air, whilst the second property is proportional
to the mass of water vapour that condenses to form liquid water. In order to
obtain a qualitative feel for the relative effects of the two processes, Figure 4.4
illustrates the temperature history of a parcel of moist air typical of the middle
latitudes, as it is lifted through the atmosphere. At the surface, it is assumed
that the air has a water-vapour content of 3.5 g per kilogram of dry air, which
corresponds to a virtual temperature 1K higher than the actual temperature.
From the surface to a height of 1 km, the parcel of air cools at the dry adiabatic
lapse rate of 9.8 Kkm~!. A moist unsaturated sample of air will cool very
close to the dry adiabatic lapse rate, because of the very small mass of water
vapour present. At the point at which the condensation level is reached,
release of latent heat slows down the rate of cooling of the parcel. The amount
of latent heat released between 1 and 3km depends solely on the difference
between the saturation mixing ratios of the air at the two levels, which is
approximately 7 g per kilogram of dry air in this case. This is equivalent to
the release of 17 500 ] for each kilogram of dry air. The temperature difference
between a parcel of moist air at 3km and a dry parcel of air at the same
height is approximately 8 K, due solely to the release of the latent heat of
condensation. Itis noted that the difference between the actual and the virtual
temperature is generally smaller, though not negligible, compared with the
difference between dry air parcels and moist air parcels after condensation.

Now consider the change in temperature with height of a parcel of air at the
level of condensation. If the parcel rises an infinitesimally small distance, dz,
then the difference in the saturation mixing ratio, brought about by adiabatic
cooling, will be —dgs. The negative sign denotes a decrease in the saturation
mixing ratio with increasing height. The latent heat released for each kilogram
of dry air is given by —Ldgs, where L is the latent heat of condensation. This
heat is, therefore, an additional source of energy, equivalent to the term dQ
in equation 2.6. Thus:

—Ldgs = CpdT — adp (4.10)
And from the hydrostatic equation (equation 2.4):
adp = —gdz (4.11)
Hence, by substitution in equation 4.11:

—Ldgs = CpdT + gdz (4.12)
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Figure 4.3 (2) The longitude-averaged specific humidity (q) in northern winter (October — March).
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Temperature

Figure 4.4 Typical ascent of a moist air parcel (ABC) and a dry air parcel (ABD). See text for details

Rearranging and dividing by dz yields:
dI L dgs
dz  Cpdz

Since dgs/dz = (dqs/dT)/(dT /dz)

dT _ -8 [ 1 } =T
dz ~ Cp [ 1+ (L/Cp)(dgs/dT) ]~ " °

where I's is known as the saturated adiabatic lapse rate (SALR).

It is noted that as dgs/dT is always positive, the SALR will always be less
than the dry adiabatic lapse rate, given by I'y = —¢/Cp. At a temperature
of 20°C and at a pressure of 10°hPa, the SALR is approximately 0.41 Ty
or 4Kkm™!, whilst at 10°C it is 0.59 I'y or 5.8Kkm™!. At high levels in
the troposphere, the saturation mixing ratio will become very small and the
SALR will approach the dry adiabatic lapse rate asymptotically.

The addition of latent heat of condensation also increases the potential
temperature of the air and hence, in any region of the atmosphere where
condensation occurs, the potential temperature will no longer be conserved.
The stability of the atmosphere will therefore be significantly changed by
the condensation process. Consider a parcel of dry air displaced from its
equilibrium position in a stable environment where the temperature gradient,
d6/dz, is positive (Figure 4.5). As discussed in Section 2.6, the parcel will be
subjected to a negative buoyancy force asit rises and this force will act to return
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Figure 4.5 Conditional instability of a moist atmosphere. The parcel of air at A is in equilibrium with
its environment. If the parcel is unsaturated and is perturbed upwards, it will follow AA" and it will
become cooler than its environment. Negative buoyancy forces will return it to its initial position and
therefore the parcel is stable with respect to its environment. If the parcel is saturated, it will follow
path AB and will become warmer than its environment. Buoyancy forces will accelerate the parcel
upwards, away from its initial position, and it will now become unstable

it to the equilibrium position. Now consider a parcel of air which is saturated
at the equilibrium position, z.. On rising a small distance, 4, it will condense
some of its water vapour and this will warm the parcel by an amount §6; > §6
(where 80 is the temperature change of the environmental air over a small
distance §,), then the moist parcel will be warmer than its environment (path
ABin Figure 4.5) and it will accelerate upwards from its equilibrium position.
Therefore the result of the condensation process is to make the previously
stable environment profile unstable. Clearly, if the warming is insufficient,
i.e. 861 < 86, the profile will still be stable. This form of instability is known
as ‘conditional instability” and is produced by the condensation process.
However, it is not possible to determine the conditions for instability from
the potential temperature alone and an equivalent potential temperature, 6,

must be defined.
Lgs
Ge == 0
exp (CPT)

This equivalent potential temperature is conserved in saturated conditions.
It is defined as the potential temperature a parcel of air would have if all the
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water vapour in the parcel were to be condensed and all the latent heat of
condensation converted into internal energy. It has the property of remaining
constant during a saturated adiabatic process. Thus, the stability condition
for saturated air is determined from the vertical profile of the equivalent
potential temperature rather than from the potential temperature.

If, in the case considered above, 40, /dz < 0, then the vertical profile would be
unstable for saturated air. Parcels of air would have positive buoyancy when
they rose and they would accelerate away from their initial surroundings. A
profile with df./dz > 0 would be stable for both dry and saturated air. It is
therefore possible to compile a simple stability table:

db./dz < 0 d6./dz >0
d0/dz <0 Always unstable Not possible
a0 /dz>0 Conditionally unstable Always stable

It is noted that the stability of an environment temperature profile can be
determined either from the equivalent potential and the potential temperature
profiles or by comparison of the dry adiabatic and saturated adiabatic
lapse rates.

An additional form of moist instability is termed the potential instability.
This occurs when the profile has a negative equivalent potential temperature
gradient but the air is not saturated. In this case, the lifting of the air mass is
required to cool the air to its condensation point and to release the instability.
This type of instability is often associated with the advection of an upper-level
dry air mass over a very moist, low-level air mass. The advection produces
a large negative equivalent potential temperature gradient between the two
air masses. Usually uplift by mountains or uplift ahead of a depression
may be sufficient to release the instability, which will often be associated
with vigorous convection and occasionally produces severe thunderstorms
with hail.

It is noted that a vertical gradient of humidity may produce instability
in unsaturated air. Consider a neutral temperature profile onto which is
superimposed a humidity gradient where the humidity decreases with height.
In this case, the virtual temperature would be higher nearer to the surface
than above and parcels of air would have positive buoyancy if they were
displaced upwards and would, therefore, accelerate upwards. This type of
instability is probably the most important in the surface boundary layer over
the tropical ocean where the virtual temperature can be several degrees higher
than the actual temperature. It is also possible to introduce instability by the
evaporation of precipitation in unsaturated air. Precipitation falling from a
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cloud may evaporate and cool the air beneath to the wet-bulb temperature.
The air will become negatively buoyant and accelerate downwards. This
process is responsible for the sudden drop in temperature experienced in
the downdraughts of thunderstorms and for sudden gusts of wind, up to
20m s7!, felt at the surface. Re-evaporation of precipitation is particularly
common in the tropics, where cloud bases are generally higher than those
found in the middle latitudes.

4.5 Processes of precipitation and evaporation:
The formation of clouds

In the previous discussion it was implicitly assumed that condensation would
occur when the relative humidity reached 100%, i.e. when the vapour pressure
was equal to the saturation vapour pressure. However, the saturation vapour
pressure described in Section 4.2 was defined with respect to a plane liquid
surface and not a curved surface, such as a rain droplet. In a sample of pure
moist air, where all other particles have been removed, condensation will not
occur at 100% relative humidity but will only commence spontaneously at
a relative humidity of 800%, equivalent to a supersaturation of 700%. The
reason for this phenomenon is that the saturated vapour pressure over a
curved surface is higher than over a plane surface. The relationship between
the saturated vapour pressure over a curved surface, e;, and that over a plane
water surface, ey, is given by:

ey 2y \ 1
In = - 413
S <pr*T) y (413)

where y,my, and p,, are the surface tension, molecular weight of water and
density of water respectively, r is the radius of curvature and R* is the
universal gas constant. At a temperature of 273 K, the term in the bracket is
1.19 x 10 = m.

If the value of e; /e =8 is substituted into equation 4.14, a value of
r~ 0.6 x 107 m is obtained and this is typical of a small group of water
molecules. Therefore condensation in pure air samples will occur on groups
of water molecules randomly brought together by Brownian motion. How-
ever, if a sample of air is taken directly from the atmosphere, condensation
will occur at much smaller supersaturations, typically less than 1%. This is
because of the presence of particles in the atmosphere which provide surfaces
for condensation. These particles are known as condensation nuclei. The
size of the nuclei, estimated by substitution into equation 4.14, is approxi-
mately 0.1 um for a supersaturation of 1%. Basically there are two types of
condensation nuclei:
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(i) Hygroscopic nuclei, usually ionic salts such as sodium chloride and
ammonium sulphate. These nuclei have the property that they are able
to initiate condensation at relative humidities as low as 80%.

(ii) Hydrophobic particles, not soluble in water, and requiring supersatura-
tion conditions for condensation to occur.

Equation 4.14 has to be modified for hygroscopic nuclei. Figure 4.6 shows
SVP curves for pure water droplets and droplets containing dissolved hygro-
scopic nuclei. It is noted that the difference between the two SVP curves
is most marked for small droplets having radii less than 0.1 um. For larger
water droplets, the hygroscopic nuclei will become well diluted and the effect
becomes less pronounced. In addition, the radius of curvature also becomes
large enough to approximate to a plane surface and, for larger water droplets
bigger then 1 um, the difference between the two types of nuclei is no longer
important. One interesting aspect of the behaviour of hygroscopic nuclei can
be seen by comparing the growth of two small droplets. In an environment
where the relative humidity is less than 100%, only hygroscopic nuclei will
present possible condensation sites but, as the water droplet grows, the salt
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Figure 4.6 The equilibrium relative humidity (or supersaturation) as a function of the droplet radius
for solution droplets containing the indicated mass (m) of sodium chloride. The supersaturation is

<% - I) 100%. A small droplet (0.1 um) containing 10~'> g. of sodium chloride can remain in air with

a relative humidity of about 85% (A). This is a typical haze droplet. A larger droplet (B) will require
a RH of 100% to remain in the air. A slightly larger droplet (C) will need supersaturated air (~0.1%)
to remain in the air. A pure water droplet will always need a higher supersaturated airmass than
the droplet containing sodium chloride to remain in equilibrium. Reproduced, with permission, from
Mason, BJ., 1975, Clouds, Rain and Rainmaking, Cambridge University Press: page 21, figure 4
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becomes more dilute and a higher relative humidity is required for further
growth. This process is represented by path AB in Figure 4.6.

Once the droplet has reached the size dictated by the prevailing relative
humidity, its growth will cease. Only if there is an increase in relative
humidity of the environmental air, or if supersaturation is achieved, will
there be further growth. An example of this process is the development
of haze. A maritime haze layer will develop a few hundred metres above
the surface of the ocean where salt nuclei are readily available because of
bubble bursting at the sea surface. Haze over land may form as the result
of the introduction of hygroscopic pollutants from industrial processes or by
photochemical reactions of gaseous car exhaust emissions.

In an environment where there are very few hygroscopic nuclei, supersat-
uration of the air of the order of 1% will be required to start the condensation
process. However, once a droplet starts to grow, its radius will increase. The
SVP (with respect to the curved surface) will decrease and the droplet will
find itself in a continually saturated environment and will carry on growing.
Thus, once a critical supersaturation has been reached, represented by the
point C in Figure 4.6, droplets will grow but, as the supersaturation curve
approaches 100% relative humidity, the rate of growth will decrease. Water
droplets larger than 10 um in radius grow only very slowly by this process.

The availability of condensation nuclei depends on the rate of supply of
suitable particles and on their rate of removal, either by gravitational settling
or by precipitation, known as ‘washout’. Figure 4.7 shows the typical sources
and sinks of atmospheric aerosols and the size distributions for the various
types of aerosols.

The small Aitken nuclei, less than 0.1 um in radius, tend to be produced
by smokes and gases, and are plentiful in industrial areas. They tend to be
too small to be efficient as condensation nuclei on their own, but coagulation
can produce larger particles that are very efficient condensation nuclei.
The majority of the aerosol is removed by ‘washout” whilst the remainder
is removed by dry deposition or gravitational settling. A particle 1um in
diameter would take about one year to fall 1km, whilst a 10 um particle
would take only 3.5 days. Thus gravitational settling is an important process
only for the deposition of giant aerosols. For smaller Aitken nuclei, scavenging
by precipitation will be the principal removal process.

The number of nuclei reduces from 10'2 m~ over industrial areas to about
10® m~3 over the ocean, where the dominant nuclei are salt particles. These
are principally produced by bursting bubbles in foam patches which are
produced, in their turn, by breaking waves. The number of particles entering
the marine atmosphere is dependent on the area of foam over the ocean
and this is determined by the sea state and the surface wind speed. The
number of particles can vary from 10 m~3 in low wind conditions to 10 m~3
in storm-force conditions. Many of the larger particles will re-enter the
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Figure 4.7 Schematic curves of aerosol surface area distributions for urban polluted air, continental
air and marine air. Shown below the curves are the principal sources and sinks of atmospheric aerosols
and estimates of their mean lifetimes in the troposphere. Reproduced, with permission, from Slinn, N.
and George, W., 1975, Atmospheric Environment, 9: page 763, figure |

ocean but a small proportion will be taken aloft by atmospheric turbulence.
These salt particles can have a very large range and they may be found in
clouds many hundreds of kilometres away from the ocean. As a general rule,
there are fewer condensation nuclei over the ocean than over the continents
(Figure 4.7). The giant aerosols are produced mainly by ‘mechanical” wind
action at the ocean or land surface under storm conditions. Wind-blown sand
can be transported considerable distances. Red Saharan dust is occasionally
reported in the British Isles and in the Caribbean, over 3000 km from the
Sahara. In addition large industrial plants produce considerable numbers of
giant nuclei.

The typical size distribution of water droplets in clouds is now considered.
Water droplets may be obtained by exposing an oil-covered slide from an
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aircraft and measuring droplet population with a microscope. A typical
distribution is described by three parameters:

(i) The mean radius.
(i) The median radius.
(iii) The maximum radius.

Table 4.1 shows the statistics of drop distribution in various cloud types.
In continental clouds there are much larger numbers of droplets than in
ocean clouds, because there is an increased population of large condensation
nuclei over land. The amount of water vapour available for condensation is
determined by large-scale processes, such as uplift, thus ensuring that the
liquid water contents of maritime and continental clouds are similar. Hence,
the sizes of droplets in continental clouds are smaller than in maritime clouds.
It is noted from Table 4.1 that the maximum droplet size in maritime clouds
can be twice as large as those in continental clouds. This observation is of
critical importance in the determination of the time scale for the growth of
droplets in clouds.

Table 4.1 also shows that the maximum droplet size is related to the type of
cloud. Weak vertical motions in the stratocumulus result in a reduction in the
maximum size, whilst the strong vertical motions found in cumulonimbus
result in large droplets. The water content of cumulonimbus clouds is much
larger than in cumulus clouds because of the different surface-volume ratio
of the two types of clouds. In cumulus cloud, usually 100m to 1km thick,
this ratio is large and mixing dry air across the surface of the cloud will
significantly modify the water content. In cumulonimbus, the ratio will be
smaller because of the size of the cloud, typically 5-10km thick, which
implies that mixing across the surface of the cloud will have less effect in
reducing the water content.

Table 4.1 Cloud drop distributions and liquid water content in typical maritime and continental
clouds

Cloud type Droplet Range of Most frequent Liquid water
number radii of radius of content
density (cm™3) droplets (um) droplet (um) (gm™3)
Continental cumulus 420 3-10 6 0.4
Maritime cumulus 75 2-20 Il 0.5
Cumulonimbus 72 2-100 5 2.5
Altostratus 450 I-13 4 0.6
Continental stratus 260 1-22 4 -

Maritime stratus 24 2-45 13 0.35
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A qualitative discussion of the growth of a small water droplet in a super-
saturated environment has already been given. This growth is dependent on:

(i) The supersaturation of the environment.
(ii) The size of the drop.

It is also related to the rate of diffusion of water vapour onto the droplet.
As the droplet grows the curvature effect on the SVP decreases and therefore
the rate of growth decreases. The growth of a small droplet, 1 pm in diameter,
is depicted in Figure 4.8(a). It takes approximately 30 min for the droplet
to reach 10um, a further 1.5 hours to reach 20 um and 10 hours to grow to
40 um. Even a 40 um droplet is a long way short of the 200 um of a respectable
drizzle droplet. Clearly the diffusion process cannot account for the growth of
raindrops on the time scale of a shower cloud, which is typically 0.5-2 hours.
The additional process is the growth of raindrops by collision and coalescence.
A droplet may collide with another drop, coalesce and increase its mass. Its
vertical velocity will increase and it will sweep out more droplets at a faster
rate, soon reaching precipitation size. The process is non-linear in that initial
growth will be slow because of the low terminal velocity of the small droplet
but the growth rate will become larger and larger as the droplet grows. This
is shown in Figure 4.8b.

The rate of increase in mass of a droplet (M) with time is given by:

aM

—r =71 @ - o)k (4.14)
Where 17 is the radius of the droplet and v; — v, is the difference between

the terminal velocities of the growing droplet and the surrounding cloud

droplets respectively. gr, is the liquid water content and E. is the collision

efficiency. Except in the initial stage of growth, v; > v, and substituting

(b)

Droplet Radius

Time

Figure 4.8 Schematic curves of droplet growth by (a) condensation from the vapour phase, and
(b) coalescence of droplets. Reproduced, with permission, from Wallace, J.M. and Hobbs, P.V., 1977,
Atmospheric Science, Academic Press: page 171, figure 4.16
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M= (4/3)711’? p1, into equation 4.15 yields:

dri _ viquEc
dt N 4,0L

The terminal velocity, v1, for different droplet sizes is shown in Table 4.2.

A 10um water droplet has a terminal velocity of 102 ms~!, whilst a
drizzle droplet has a terminal velocity of about 0.5ms~! and a raindrop has
a maximum terminal velocity of 9ms~!. Thus the rate of growth, which is
proportional to the terminal velocity, will accelerate with droplet size. The
growth rate is also dependent on the liquid water content of the cloud and
the collision efficiency. As already noted, cumulus and stratocumulus tend
to have lower water content than the larger cumulonimbus and therefore the
precipitation process will be more effective in the latter cloud. The collision
efficiency increases with droplet size and is low for droplets less than 20 um
in radius. When the cloud droplets are small, they tend to follow streamlines
around the collector droplets and do not get captured. For larger droplets, of
70 um radius or more, turbulent wakes develop behind the droplet, drawing
in more droplets than were originally in the volume swept out.

The production of precipitation from a water-droplet cloud is a non-linear
process. In a given distribution of cloud droplets, only a few droplets will
be bigger than 20 um and thus be sufficient in size to grow efficiently by
collision and coalescence. At first, the process will be slow but, because of
the non-linearity of the process (Figure 4.8(b)), the droplet will soon grow
quickly to the size of a raindrop. In a maritime cumulus, with droplet
concentrations of 100 cm—3, droplets will grow from 25 to 1000 um within
10 min. However, only a small proportion at the extreme end of the droplet
population will be involved in the precipitation process. The differences in
the size distributions in maritime and continental clouds have already been
noted, as well as the fact that in many cases rmax is less in continental than

(4.15)

Table 4.2 Terminal velocities of water droplets in still air
at surface atmospheric pressure and temperature of 20°C

Radius of Terminal velocity
droplet(um) in still air(ms™")
Fog | 0.0001
Cloud droplet 5 0.003
Large Cloud droplet 25 0.072
Drizzle 50 0.256
Drizzle 250 2.04
Drizzle 500 4.03
Rain 1000 6.49

Rain 2500 9.09
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in maritime clouds. A continental cloud will therefore take longer to produce

rain than a corresponding maritime cloud and it has been calculated that a

maritime cloud 1.5km deep will produce rain within 30 min of its formation

whereas a continental cloud will take more than an hour. This illustrates the

dramatic influence that the concentration of condensation nuclei has on the

rate of growth of water droplets and hence on the formation of precipitation.
The growth of a shower cloud is dependent on:

(i) The cloud droplet size distribution.

(ii) The liquid water content of the cloud.

(iii) The thickness of the cloud.

(iv) The updraft within the cloud which is essential for the growth of cloud
droplets into raindrops.

Small droplets have small terminal velocities and will be maintained in the
cloudy environment for longer than larger droplets, provided that they are
not ejected through the top of the cloud. As the updraft increases, the size of
the final raindrop increases up to a maximum size of 5mm and, at this stage,
the raindrop will break up into smaller droplets. A maritime cumulus will
have to be at least 1 km thick to produce light precipitation. However, drizzle
may be produced by stratus cloud whose thickness is less than 1 km because
the weak vertical motion in such clouds allows the droplets to be maintained
in the cloudy air for a sufficient time to reach drizzle drop size.

The growth of precipitation in clouds where the temperatures are above
0°C has been discussed. These are known as warm clouds and include
tropical cumulus clouds and low-level clouds in middle latitudes. However,
below 0°C additional physical processes come into play as the result of the
introduction of the ice phase. Consider a cloud of liquid water droplets with
a mean size of 10um. As the droplets are cooled below 0°C, only a few
droplets will freeze and the remainder will be in a supercooled liquid state.
As the temperature is reduced still further, the number of ice crystals will
increase, but only when the temperature reaches —39°C will all of the water
droplets have frozen. At this temperature, spontaneous nucleation will occur,
caused by the chance aggregation of water molecules into an ice embryo.
This process is analogous to the condensation of water vapour in a cloud
chamber in the absence of ions or other particles. However, the observation
that ice crystals are formed at temperatures higher than —39°C indicates the
existence of ice nuclei. These ice nuclei are different from condensation nuclei
in two important respects. First, the most successful ice nuclei tend to have
hexagonal molecular structures similar to water ice. The most common types
of ice nuclei are clay minerals, obtained form the soil, and organic materials,
particularly decayed plant matter and derivatives of phytoplankton from
the ocean. Second, the ice nuclei have a threshold temperature at which
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Figure 4.9 Variations of the saturation vapour pressure (es) with temperature over a plane surface
of pure water ( ) and the difference between (e;) and the saturation vapour pressure over a
plane surface of ice (- - -). Reproduced, with permission, from Wallace, J.M. and Hobbs, P.V., 1977,
Atmospheric Science, Academic Press: page 73, figure 2.7

they become efficient and below which they act as preferential sites for ice
nucleation. For clay particles, this temperature is —15°C whilst organic nuclei
have threshold temperatures as high as —4°C. Thus the presence of ice nuclei
only has a significant effect below —4°C and this explains the observation
that clouds between 0 and —4°C exist in the supercooled liquid state.

The processes which lead to the growth of ice crystals in a supercooled
cloud will now be considered. Figure 4.9 shows the SVP over a plane water
and a plane ice surface. It is noted that the SVP over ice is always lower
than over liquid water except at 0°C. The water vapour in equilibrium with
a water surface will therefore always be supersaturated with respect to an
ice surface below 0°C. The difference in SVP with respect to ice and water
reaches a maximum at —12°C. In a saturated environment with respect to
supercooled liquid water, the vapour would have a supersaturation of 10%
with respect to ice. In a mixed cloud, consisting of supercooled liquid water
droplets and ice crystals, the ice crystals will grow at the expense of the water
droplets. This process is known as the Bergeron process, after the Norwegian
cloud physicist who first noted this behaviour. It is most effective in clouds
where the temperature is between —10 and —30°C (i.e. where the difference
in SVP is greatest). Between 0 and —10°C there are too few nuclei present for
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the mechanism of ice crystal formation to be effective, whilst below —30°C
there are too many ice crystals competing for too few liquid water droplets for
the process to be significant. The growth rates of ice crystals in mixed clouds
are much greater than the growth rates of water droplets in warm clouds
because of the higher supersaturations occurring in mixed clouds compared
with those in warm clouds, typically 10% supersaturation compared with
less than 1% supersaturation. For example, an ice crystal can grow to 1000 um
within 30 min by the Bergeron process.

Anice crystal can grow by two additional processes other than the Bergeron
process. First it can grow by aggregation of ice crystals, because supercooled
water films attached to an ice crystal can act as binding for other ice crystals
as a result of surface tension between the water and the ice. The thin film
of supercooled water then freezes and the crystal grows. The process is
more effective between 0 and —10°C, where there are a large number of
supercooled water droplets and freezing does not occur immediately on
impact. A snowflake may grow from 1mm to 1cm in about 30 min by
aggregation and the largest snowflakes occur at temperatures close to 0°C. At
lower temperatures, supercooled water droplets may freeze on impact with
ice crystals to produce a rimed snowflake. This process is known as accretion
and it is responsible for the growth of ice crystals between —10 and —30°C.
It is most effective in clouds such as cumulonimbus where the liquid water
content is high. In contrast, the Bergeron process is most effective in small
cumulus and stratocumulus clouds where the water content is low. Accretion
and riming of ice particles can produce soft hail and ice pellets and, more
exceptionally, hailstones. The accretion process has many similarities with
the collision-coalescence mechanism in that it is non-linear due to the increase
in terminal velocity with size. For crystals formed by aggregation rather than
accretion, the terminal velocity does not tend to increase with the size of the
crystal because of the crystal’s large surface-to-mass ratio. The drag force on
a crystal increases in proportion to its mass and hence an unrimed crystal
2mm in diameter may have a terminal velocity of 0.5ms™!, whilst a rimed
ice pellet of similar diameter would have a terminal velocity of 1.8ms™!.
Therefore an ice pellet falling through a cloud of high water content could
grow very quickly by accretion.

Riming, or accretion, can also cause a rapid build up of ice on solid
surfaces, such as aircraft wings and television transmitters. In such cases,
impact freezing will generally occur at all temperatures below 0°C and
it is especially important between 0 and —4°C where large numbers of
supercooled water droplets exist. In March 1969 a television transmitter in
Yorkshire, England, collapsed as a result of excessive loading of rimed ice on
its structure.

Figure 4.10 shows a simplified diagram of the precipitation processes
occurring in layered clouds associated with middle-latitude (extra-tropical)
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Figure 4.10 The Norwegian model of the microphysical structure of a warm front. The horizontal
scale is typically 100 to 200 km, the vertical scale is about 10 km and the uplift of the warm air over the
cold air is about 0.1 ms~'. Reproduced, with permission, from Wallace, J.M. and Hobbs, P.V., 1977,
Atmospheric Science, Academic Press: page 255, figure 5.32

cyclones. The high cirrus and cirrostratus clouds are composed entirely of
ice crystals, whose growth is dependent on the number of ice nuclei and
the amount of water vapour available. The freezing process in cirrus clouds
produces ice splinters, thereby increasing the number of ice nuclei. These ice
splinters have fall speeds of approximately 0.5ms™! and they can, in turn,
seed the supercooled clouds below. Ice crystals do not evaporate as readily as
water droplets and they may fall through layers of clear air up to 500 m thick
before finally evaporating. This can occasionally be observed in cirrus, where
fall streaks give a characteristic hook shape to the cloud. In the middle-level
clouds, such as altostratus, the clouds are mixed and both Bergeron and
accretion processes are important. At distances of 1.5km or less above the
freezing level, aggregation becomes the dominant process and, depending on
the temperature of the lower layer of the atmosphere, precipitation will fall
as either rain or snow.

The growth of hailstones is an extreme example of the accretion process
and it occurs in deep convective clouds which have both a high water content
and a very strong updraught. Under exceptional circumstances, hailstones
as large as 13 cm in diameter (about the same size as a grapefruit) have been
recorded, although most hailstones are less than 1cm across. Even in the
United Kingdom, hailstones as large as 7 cm have been recorded in summer
storms. Hailstones are formed in only a small region of a cumulonimbus
cloud on the forward side of the updraught region as shown in Figure 4.11.
When a thin-section of a hailstone is viewed in transmitted light, a banded
appearance is usually seen with alternating layers of clear and opaque ice.
This banded structure is the result of the impact of supercooled water droplets
at different heights within the cloud. In the upper levels of the cloud, where
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Figure 4.11 The structure of a hailstorm. The horizontal and vertical scales are typically 10 km.
though the anvil may spread many times this distance. Large hail occurs in the region of cloud where
recirculation in the updraught is possible. Reproduced, with permission, from Mason, BJ., 1975, Clouds,
Rain and Rainmaking, Cambridge University Press: page 94, figure 24

the temperature range is from —20 to —40°C, water droplets are not as
numerous and freezing occurs on impact. Air is trapped between the layers
thereby giving a milky appearance. At lower levels in the cloud, where the
temperature range is —20 to 0°C, there are more water droplets and the
hailstone collects water droplets at too fast a rate to be able to dissipate
the latent heat of fusion by conduction to the air, as is required if spontaneous
freezing is to occur. The surface of the hailstone becomes wet and it eventually
freezes to form a layer of clear ice. A hailstone will often require a number of
cycles to grow to a reasonable size and, for this to occur, the updraught must
exceed 10ms~!. As a general rule, the maximum updraught in the upper
troposphere is equivalent to the final terminal velocity of the hailstone. A
hailstone 1 cm in diameter has a terminal fall speed of 25ms~!, whilsta 10 cm
hailstone has a fall speed of 65ms™!. The latter size hailstone would have a
mass of about 0.5 kg and would be able to shatter glass, break roof tiles and
indent cars and caravans.
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4.6 Macroscopic processes in cloud formation

One advantage the meteorologist has over the oceanographer is the ability to
see the formation of clouds and to use his or her direct observations to make
deductions about atmospheric motions and processes. From a microphysical
point of view, it is possible to distinguish three types of cloud. At temperatures
below —39°C all clouds are composed of ice crystals. These clouds are known
as ‘cirrus’ and they tend to have fuzzy edges because of the slow evaporation
of ice crystals ejected by the cloud, as discussed in Section 4.5. These cirrus
clouds are optically thin and they allow solar radiation to penetrate to lower
levels in the atmosphere. The alignment of these clouds gives information on
the direction of the wind and the fall streaks allow an estimate of the vertical
variation of the horizontal wind to be made. The hexagonal structure of the
ice crystals gives rise to preferred directions of scattering and thus to a variety
of optical phenomena. The most common of these phenomena is a white halo
around of the moon or sun at an angle of 22.5°.

At temperatures between —39 and 0°C, supercooled water droplets and
ice crystals co-exist and, in this temperature range, the clouds are termed
‘mixed’. At temperatures colder than —30°C, the water droplets are outnum-
bered by the ice crystals and so mixed clouds tend to behave optically like
pure ice clouds. Between —10 and 0°C, ice crystals are few in number and
therefore these clouds behave optically as if they were water clouds. Typical
mixed clouds are altocumulus and altostratus, which form at mid-levels in
the troposphere. In thin mixed clouds with small water droplets, coloured
diffraction rings can appear around the Sun or Moon, forming a corona.

At temperatures above 0°C, clouds are composed solely of water droplets.
Such clouds include small cumulus, stratus and stratocumulus and they exist
at low levels in the troposphere. Water-droplet clouds tend to have distinct
edges due to the rapid evaporation of ejected water droplets in an unsaturated
environment. Such sharp delineation is often seen in growing cumulus.

However, the microscopic classification of clouds has its limitations in ascer-
taining cloud processes since, for example, it does not distinguish between
cumulus- and stratus-type clouds. These two types of clouds, which are the
basis of the descriptive classification of clouds formulated in the 19th century
by Luke Howard, give information about the stability of the atmosphere. Lay-
ered, or stratus, clouds form in a locally stable environment whilst lumpy, or
cumulus, clouds are indicative of vertical hydrostatic instabilities (see 2.6).

Low-level stratus-type clouds can be formed by:

(i) Advection of warm moist air over a cooler surface. This may cause
advection fog, particularly over cold ocean currents and snow
covered surfaces.
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(ii) Radiation cooling of a moist air mass during its transition from low to
high latitudes.

(iii) Gentle uplift of a stable air mass, either by a topographic feature or in a
large frontal region associated with an extra-tropical cyclone.

On the other hand, cumulus-type clouds are formed in a locally unstable
environment produced by the advection of cool, drier air over a warm (moist)
surface. In summer, a stable air mass may be rendered unstable in the
lower 1km by surface heating over land. This gives rise to small cumulus,
known as fair weather cumulus, providing that the convection reaches the
condensation level. Cumulus clouds may form over hills and mountains.
Surface heating of mountain slopes may generate upslope winds which can
lift the surface air mass above the condensation point to form a cumulus
cloud over the mountain peak. Over the ocean, polar air masses moving
equatorwards over warmer surface waters can give rise to convection. The
depth of the convection depends upon the dynamical motions maintaining the
stability of the troposphere. For example, in an atmosphere of weak vertical
stability, such as occurs in the rear of an extra-tropical cyclone or in the ITCZ,
convection may extend from the sea surface to the top of the troposphere. In
such cases, deep convective cumulonimbus clouds will form. These clouds
will consist of water droplets in the lower troposphere and predominantly
ice crystals in the cirrus anvil at the top of the troposphere. In the trade-wind
region or in a middle-latitude anticyclone, where the air has strong vertical
stability, the convection will be limited and cumulus will form in the moist
boundary layer. However, progressive warming of the trade-wind air mass
as it crosses the ocean may be sufficient to produce convection 2—3 km deep,
which can produce showers. A less commonly observed convective cloud
is termed ‘arctic smoke” and it is formed by the movement of a very cold
air mass over a warmer sea surface. The shallow layer of air adjacent to
the sea is strongly unstable and transfers heat and, more importantly, water
vapour, into the air mass. This water vapour condenses on mixing with its
cold environment and this process quickly warms the shallow arctic air mass.

Instability may be induced not only by surface heating but also by the
advection of colder air over a warm air mass. This type of instability often
occurs in summer when a cooler maritime air mass is advected over a
very warm surface air mass of continental origin. A notable feature of this
type of instability is the appearance of lines of convective cloud in the
middle troposphere, which are known as castellanus clouds because of their
‘castle-like” appearance.

Unstable and stable air masses may co-exist and produce a variety of clouds.
Asnoted earlier, a stable air mass may be rendered unstable by surface heating
which, in turn, leads to the development of cumulus. If there is sufficient
moisture present and if the surface heating is strong enough, the cumulus
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may develop to a depth of 1km, which may be enough for the development
of an isolated light shower. However, the stability of the air above the cloud
may be strong enough to limit further upward development of the cloud
which will, therefore, spread laterally. This cloud, known as stratocumulus,
will often produce a complete layer of cloud cover which will persist until the
surface heating decreases or until sufficient dry air from above the inversion
is mixed into the clouds to promote evaporation. This type of cloud often has
a diurnal cycle, with maximum thickness occurring in the late afternoon and
usually clearing at dusk, when the surface heating is reduced. Alternatively
a layered cloud may break up into convective type cloud because of solar
radiational heating. As discussed in Chapter 2, solar radiation penetrates a
cloud to a considerably deeper extent than long-wave planetary radiation.
Thus, the top of a cloud will cool by long-wave radiative emission into space
whilst the bulk of the cloud mass will heat up by solar radiation absorption.
This process results in an increase the vertical temperature gradient within
the cloud which, in turn, leads to instability. This phenomenon is more often
observed in thin clouds like altostratus or cirrostratus which are transformed
into altocumulus and cirrocumulus.

The mixing of air masses is another important macroscopic cloud process.
The importance of the mixing of cloudy air with dry air to dissipate cloud
has already been mentioned but if two air masses are close to the saturation
vapour pressure, clouds may form. The reason for this may be understood
by referring to Figure 4.12.

If air mass A and air mass B are mixed, then the resultant air mass will lie
along the line AB and its exact location will depend on the relative properties
of the two air masses. The saturation mixing ratio does not vary linearly with
temperature and so the points lying along the line CD will represent saturated

A

q

D

‘«— saturated vapour
pressure

>
T

Figure 4.12 Mixing of two unsaturated air masses (A, B). A mixture lying on the line CD will become
saturated
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or supersaturated air and thus condensation would be expected. Only for
mixtures lying on the lines AC and BD will the air remain unsaturated. A
common example of this phenomenon is the emission of hot, moist exhaust
gases from a car or an aeroplane into a cold moist environment. In this case,
because of the low environmental temperature, only a small amount of water
vapour is required for condensation.

Vertical mixing of air masses may also result in cloud formation. One
particular example is the formation of stratocumulus at the base of an
inversion in an anticyclonic system. In this case, mixing of cool, moist surface
air with warm dry air aloft will result in a decrease in temperature but an
increase in the mixing ratio at the top of the layer. The converse will occur in
the lower layer, thus resulting in condensation in the upper layer. This process
is often responsible for the development of stratocumulus over the sea, when
the sea temperature is lower than the temperature of the air above it. In a
winter anticyclone, over a moist land surface, a thick layer of stratocumulus
may persist for many days, giving rise to a condition known as ‘anticyclonic
gloom’. Clearly, the formation of this low-level cloud is dependent on a
number of processes. The upward vertical flux of water vapour from the
surface and vertical mixing will tend to enhance cloud formation whilst the
downward mixing of warmer, drier air from above the inversion will tend to
dry out the boundary layer and dissipate the cloud.

Vertical mixing is also important in the development of surface fogs. These
may develop by long-wave radiational cooling of the land at night which, if
sufficient, will lower the ground temperature to the dew point of the overlying
air. In light winds, only the surface layers of air will reach the dew point
and a shallow layer of fog will form. However, with stronger vertical mixing,
the depth of air cooled to the dew point will increase and hence a thicker
layer of fog will develop. Another example is the formation of advection fog,
formed by the flow of warm, moist air over a cold surface, such as a cold
ocean current or a snow-covered landscape. In this case, vertical mixing will
tend to enhance the depth of the fog.

An important contribution to the formation of clouds is adiabatic cooling.
A spectacular example is the formation of funnel clouds in a tornado vortex.
The low pressure of such a vortex is often sufficient to adiabatically cool the
air to the condensation point. For example, a fall of 50hPa in the pressure
will cause an adiabatic cooling of 4°C at the surface.

By far the most common cause of condensation is adiabatic cooling by
vertical uplift. This vertical motion may be caused by the forced lifting of an
air mass over a topographical feature by convection, as previously discussed,
or by the large-scale ascent associated with frontal or synoptic scale features.
The lifting of air masses over topography may give rise to relatively strong
vertical motions of 1ms~! and to the development of ‘local’ clouds over the
topographic feature. In a stable environment, wave clouds may form over the
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mountain and downstream of the mountain for up to a horizontal distance of
100 km. Clouds formed by large scale ascents in fronts tend to be associated
with weaker vertical motions of approximately 0.1ms~! and the clouds
therefore tend to be layered. However, regions of stronger uplift, associated
with rain bands in a frontal system, may produce more convective cloud.



5

Global Budgets of Heat,
Water and Salt

5.1 The measurement of heat budgets at the surface

In Chapter 3 the heat budget of the atmosphere and the Earth’s surface
was discussed. At the top of the atmosphere the absorbed solar radiation
is exactly balanced by the outgoing planetary radiation. By contrast at the
Earth’s surface the fluxes due to latent heat of evaporation and sensible heat
flux are necessary to include in the budget, to enable a surface equilibrium
temperature to be maintained. In this chapter these fluxes are considered
over land and ocean, in particular the relation of these fluxes to the heat, fresh
water, and salt budget of the ocean.

The net heat flux, Qr (positive downwards) across a horizontal surface is
given by

QOr =Qsw — Qtw — Qr — On (5.1)

where Qsw is the net downward solar radiation flux, Qrw is the net upward
long-wave or planetary radiation flux, Qg is the heat lost by the surface
due to the latent heat of evaporation and Qp is the upward sensible heat
flux. Sensible heat flux is sometimes referred to as heat conduction. The net
radiation flux, Qr is given by Qr = Qsw — Qrw. The fluxes have units of
W m~2. The four separate quantities must be determined in order to calculate
the total heat flux across an ocean or land surface, and the method used over
land and ocean to make the measurements over limited areas will now be
discussed.

The solar radiation flux, Qs, can be determined using a solarimeter, which
measures both the direct and diffuse radiation between 0.35 and 2.8 um, i.e.
over most of the solar spectrum. The solarimeter consists of two elements,
one blackened to both solar and long-wave radiation, and the other covered
with a white paint that has a high short-wave reflectivity. The temperature
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difference between the two elements, measured by a series of thermocouples,
is proportional to the incident short-wave radiation. A glass dome covering
the sensor elements gives the instrument protection from the weather, and it
can be mounted on a ship and give reliable readings for long periods of time.
The accuracy of the instrument is about 2%.

The net long-wave flux, Qrw can be determined from measurements of
the total net radiation and the solar radiation. A net radiometer consists
of two blackened thermopiles, one pointing upwards and the other
pointing downwards. The voltage difference between the two thermopiles
is a measure of the net radiation across the surface, which may thus be
determined with an accuracy of about 2.5%. The thermopiles are enclosed in
a polythene dome which transmits both long- and short-wave radiation. The
dome is ventilated with dry nitrogen gas to avoid water-vapour absorption
and condensation. Measurements of net long-wave radiation are obtained
routinely at many meteorological stations but measurements at sea are more
difficult. It is necessary to avoid contamination by reflections from the ship
and thus a boom is required to obtain uncontaminated fluxes. However,
providing that the sea surface temperature is known, the upward flux of
long-wave radiation can be calculated from Stefan’s law, E = ¢o T*, with
an emissivity, ¢, of 0.97, and thus only the downward long-wave flux from
the sky needs to be measured. This can be done using an upward-looking
radiometer.

One of the most accurate determinations of the latent heat flux, Qg, and
the upward sensible heat flux, Qn, is by the eddy correlation method. Over
both land and sea, the upward flux of heat (and water vapour) is caused by
turbulent motions close to the surface. Figure 5.1 shows the fluctuations of
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Figure 5.1 Temperature fluctuations, 0, vertical velocity, w, and sensible heat flux p,Cpw’0’ at
2m above the Earth’s surface. Reproduced, with permission, from Priestley, C.H.B., 1959, Turbulent
Transfer in the Lower Atmosphere, University of Chicago Press: page 67, figure 18
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vertical velocity and temperature for a 2 min record at a height of 23 m above
a land surface. Despite the irregularity of the fluctuations, it can be seen
that higher temperatures are generally associated with the rising motion,
whilst lower temperatures are associated with the descending motion. In
this situation, a mean vertical gradient of temperature exists with highest
temperature close to the surface. Fluctuations in vertical velocity, associated
with convection and surface friction (see Box 5.1), cause an exchange of
parcels of air across the temperature gradient and this, in turn, gives rise
to an upward flux of heat. The correlation coefficient between the vertical
velocity and temperature gives an accurate measurement of the heat flux
at the level of instrumentation. Providing that there is no loss of heat
between the surface and the instrument, the correlation coefficient will give
a measurement of the surface sensible heat flux. In a similar manner, the
correlation coefficient between the vertical velocity and humidity fluctuations
allows a determination of the latent heat flux.

Box 5.1 Atmospheric Boundary Layer

free atmosphere

u

u=mean
velocity

A?k; < Turbulent

- boundary layer
momentum
flux

1 mm laminar layer: molecular diffusion

I

Atmospheric flow is strongly influenced by the underlying surface, due to
frictional forces. The above figure shows the vertical variation in horizontal
flow over a flat, uniform surface. The frictional forces acting on the
atmospheric flow are turbulent forces, and therefore are characterised by
eddies. These eddies will transfer high velocity air downwards and lower
velocity air upwards, and produce a tangential stress on the atmospheric
layer. This stress is measured by the correlation of vertical velocity and
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horizontal velocity. Provided there is mean vertical gradient of horizontal
velocity there will be tangential stress. This frictional layer is known as
the atmospheric boundary layer. These turbulent eddies will also transfer
heat and water vapour between the surface and atmosphere above the
boundary layer as shown in Figure B5.1.

The mean wind profile in the boundary layer measured over any surface
has a characteristic form.

U= L, <3> (B5.1)
k 20

where U= is the friction velocity and k is the von Karman constant which
has a value of 0.4. zg is the roughness coefficient. The friction velocity is
defined by:

T = pU?

Thus, from a vertical profile of U, the gradient will determine the
friction velocity, U+ and thence the stress, t. The roughness coefficient, z,
can also be determined from the velocity profile. Typical values of zg vary
from 0.01 cm over smooth sand to about 100 cm over scrub country.

The equation for the mean wind profile is shown here for conditions
where the vertical temperature and humidity profiles are uniform but
modifications to this equation can be made to include these variations.

Over a sea surface the roughness coefficient also depends on the friction
velocity and is given by:

B al?
8

where ¢ is the acceleration due to gravity = 9.81ms™2 and « is the
Charnock constant = 0.016. The waves are generally driven by the wind
stress, and represented by the friction velocity.

20

The sensible heat flux is given by:
Qu = paCpw/t’ (5.2)
and the latent heat flux by:
Qe = Lpaw'q’ (5.3)

where the overbar denotes a time average of the instantaneous values of the
vertical velocity, w’, the mixing ratio, 4’, and the potential temperature, 6,
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over a period of 10 minutes. p, is the density of the air, Cp is the specific heat
at constant pressure of the air, and L is the latent heat of evaporation.

This method requires sophisticated and accurate instrumentation in order
to measure the high-frequency variations in w, g and 6. In one 10 min
average, about 10000 observations are required to obtain reliable fluxes.
Over the sea, there are more difficulties because of the ship’s movements
and the contamination of the instruments by salt spray. For these reasons,
the above technique is only practicable for the determination of latent heat
and sensible heat fluxes from a research ship for limited periods and in
light to moderate wind conditions. Another direct method, which can be
applied from ships in strong wind conditions, is the dissipation method. This
uses the high-frequency wind observations to determine the dissipation of
turbulent kinetic energy. This measurement can be used directly to obtain the
surface wind stress or it may be combined with additional high-frequency
temperature and humidity measurements to determine sensible heat and
latent heat fluxes. These methods are very useful for the calibration of other
simpler formulae which are more widely used.

From turbulence measurements, the surface wind stress can be measured
directly (see Box 5.1). However, these sophisticated measurements can only
be made by research ships. To use the data from voluntary observing ships
a simpler but accurate method is needed. The bulk aerodynamic method
relates the surface wind stress 7y to the wind speed at 10m above the sea
surface

0 = paCp(U1o — Us)? (54)

where U is the mean wind speed 10m above the surface and Us is the
surface current speed. Cp is the drag coefficient and it also has a dependence
on wind speed given by Cp = (0.61 + 0.063 Ujp) x 10~% which is valid for
neutral stability conditions. This coefficient includes the effects of surface
roughness caused by the waves and their interaction with the overlying air.
The surface current speed, Us, is roughly about 2% of the wind speed Ujo,
however it may be much larger in regions where strong ocean currents exist.
Therefore from mean winds measured at 10 m above the ocean surface the
surface stress can be obtained for winds up to 26 ms~!. At higher wind speeds
the drag coefficient, Cp, is not well determined, but it is believed that the
dependency on wind speed weakens and Cp becomes constant.

A similar approach can be used to calculate latent heat fluxes, Qg, and
sensible heat fluxes, Qp over the sea surface.

Qe = paLCeU10(9(Ts) — qa) (5.5)
Qu = paCpCrlio(Ts — Ta) (5.6)
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At the sea surface, q(Ts) = 0.98 x q5(Ts), where g is the saturation mixing
ratio. These relationships are only applicable for the computation of fluxes
over the sea surface. They require observations of the wind speed (Ujp), the
mixing ratio, g,, and the air temperature, T, at 10m height above the sea
surface and sea surface temperature, Ts . All these quantities can be obtained
from ships’ reports as a matter of routine.

The exchange coefficients, Cy and Cg, can be determined from the direct
turbulence measurements discussed earlier.

Over the land, the aerodynamic equations 5.5 and 5.6 are not as useful
because the drag coefficient will vary with the type of surface. However, over
land the profile method (See Box 5.1) and the eddy correlation method can be
more easily used.

Apart from the use of the aerodynamic method, all of the previous methods
rely on instrumentation which is only available on research ships and some
automatic ocean buoys. If it is assumed that there are, at most, 100 specially
equipped research vessels at sea at any one time, and this is probably a
considerable overestimate, then, provided that they were evenly distributed,
one observation would be made for each 2000 km square of ocean. This
is an unsatisfactory data set for the consideration of surface fluxes on a
global scale. The global maps of surface fluxes in the scientific literature
are compiled from Voluntary Observing Ships (VOS) rather than those from
research ships. As noted previously, the bulk aerodynamical method is
suitable for estimating the sensible heat flux and the latent heat flux from
standard weather reports, but even here there are problems. The height of the
wind observations will vary from ship to ship and wet-bulb thermometers
can be contaminated by salt spray and may, therefore, give a systematic
error in humidity if they are not regularly maintained. In addition, the
water temperature is measured at the engine intake point, which may be
a few metres below the sea surface, and the recorded temperature may be
systematically different from the sea surface temperature, particularly in low
wind conditions when vertical mixing is reduced. The observations from VOS
have to be subjected to careful error checking before they are used to obtain the
surface fluxes.

The problems posed by the global measurement of solar radiation and long-
wave radiation are also not straightforward because of the variable effect of
cloud and atmospheric aerosol. In clear sky conditions, provided that the
aerosol is low, both the solar radiation and the long-wave radiation can be
determined reasonably accurately. The solar radiation impinging on the top
of the atmosphere can be calculated for a given latitude and time of year, as
demonstrated in Chapter 3. Allowance can be made for the depletion of the
solar radiation by atmospheric gases and a ‘standard” maritime aerosol to
obtain a value for the solar radiation incident at the surface. However, recent
research has shown that horizontal variations of aerosol can cause variations
of as much as 5% in the solar radiation.
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Reed (1977) showed that an accurate formula for estimating daily mean
values of solar radiation is given by:

Qsw = (1 — &)Qc(1 — 0.621 + 0.00196,,) (5.7)

Here « is the surface albedo and therefore (1 — «) is the fraction of solar
radiation absorbed at the sea surface. Q. is the clear sky solar radiation, which
depends on the elevation angle of the sun and the atmospheric transmission
in the absence of clouds. The second term in brackets accounts for cloud,
where n is the cloud fraction and 6, is the solar elevation at local noon.

Net long-wave radiation can be estimated from a formula proposed by
Clarke (1974):

Quw = £0T2(0.39 — 0.05/2)(1 — An?) + 4eo T2(Ts — T) (5.8)

where ¢ is the emissivity of the sea surface (¢ = 0.97), Ts is the surface
temperature measured in Kelvin, o is the Stefan-Boltzmann constant, T, is
the temperature and e, is the vapour pressure of the atmosphere at 10 m. The
dependence on humidity is due to the re-emission of the long-wave radiation
back to the surface by atmospheric water vapour. The majority of the re-
emission comes from the first 100 m above the surface and the humidity at
10 m can, therefore, be used to estimate the downward long-wave radiation.
To account for variations in cloud there is an extra term in equation 5.8 which
depends on the fraction of the sky covered by cloud, n, and a latitudinal
coefficient, X.

There are two points to note about formula 5.8. First, over the observed
range of sea surface temperatures, the net long-wave flux, assuming saturated
air and clear skies, only varies from 70 Wm? at 271K to 23Wm? at 300K,
which is much smaller than the latitudinal variation of solar radiation. Second,
the net long-wave radiation decreases with increasing temperature because
the downward long-wave radiation, which is proportional to the vapour
pressure, increases more quickly with surface temperature than the upward
radiation emitted by the surface.

These methods can provide surface heat fluxes over the ocean to an accuracy
of about 10 W m~2. However, global estimates are still subject to biases due to
the lack of observations over remote areas of the Southern and South Pacific
Oceans.

5.2 Observations of surface heat fluxes and budgets
5.2.1 Seasonal cycle of surface heating and cooling

The global seasonal cycle of the atmosphere-ocean system is responsible
for the largest changes in temperature and precipitation on the planet. In
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Chapter 1.4 it was explained that the seasonal cycle of solar radiation, in
conjunction with the thermal inertia of the atmosphere and upper ocean,
was the reason for these large changes in temperature and precipitation.
In Section 3.6 it is shown that the main changes in the seasonal ocean
temperature occur in the upper ocean typically in the 0—100 m layer of ocean.
Solar radiation at the top of the atmosphere is the main driver for these
changes but how do the surface fluxes vary over the cycle and what are the
differences between the land surface and ocean surface?

Figure 5.2 shows the variation of the four surface fluxes (equation 5.1) for
equatorial and middle latitudes in the North Atlantic. In middle latitudes
the solar cycle, Qsw, has a maximum radiation in June and a minimum in
December, similar to that seen at the top of the atmosphere. The latent heat
of evaporation, Qg, is very much larger than the longwave cooling, Qrw,
and the sensible heat flux, Q. Furthermore, the latter two terms contribute
little to the seasonal variability. The net heat flux, Qr, shows a very strong
seasonal cycle dominated by the variation in solar heating. From April until
September, the ocean is warming, whilst from October until March the ocean
cools. This cycle is similar over the middle latitudes of the North Pacific and
North Atlantic. Within the equatorial latitudes the sun is overhead at the
equinoxes and therefore the maximum surface solar radiation tends to occur
at those times. However, this is mediated by seasonal variations of cloud
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Figure 5.2 Annual cycle of the vertical heat fluxes for equatorial and mid-latitudes in the Atlantic
Ocean. Qs = solar radiation, Q N = longwave or planetary radiation, Qe = latent heat of evaporation,
Quy = sensible heat, and Q1 = net heat flux
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associated with monsoonal circulations. The heat lost from the ocean surface
is dominated by the latent heat of evaporation, which shows a strong seasonal
variation, whilst the other two fluxes show little variation and are smaller.
There is a net heat gain by the equatorial ocean throughout the year.

Table 5.1 shows the annually averaged components of the heat budget for
land and ocean. Over the annual cycle, the net heat flux into the land will
be very close to zero because soils and other surfaces are generally poor
conductors of heat, and the seasonal temperature cycle does not penetrate
beyond 5-10m. Therefore the relatively small amount of heat gained by
the surface layer in the summer period will be lost to the atmosphere
during the winter. Over the ocean, there is a net gain of heat between
10°S and 10°N, and at higher latitudes there is a net heat loss. These heat
deficits and surpluses must be compensated for by a horizontal transfer
of heat from the equatorial zones to the middle and high latitudes via
ocean currents.

The annual radiation budgets at lower latitudes generally show more heat
going into the ocean than into the land. This observation is related to two
factors. First, the albedo of the sea surface is much lower on average than
that of the land at corresponding latitudes, especially over the sub-tropical
deserts, and therefore more solar radiation is absorbed by the ocean. Second,
the surface temperatures of the tropical ocean are lower than those observed
over land and therefore the net long-wave radiation losses are less. Over
the ocean, the largest net loss of heat is by evaporation; the sensible heat
conduction accounting for only 10% on average of the net heat loss. In the
equatorial zone, Qu contributes only 5% to the total heat loss, whilst at
higher latitudes it contributes about 20%. Over land, both latent heat and heat
conduction contribute equally to the overall net heat loss. In the sub-tropical
deserts, heat conduction dominates over evaporation, whilst the opposite is
true in the equatorial zone and over the wetter middle latitudes.

Table 5.1 Annual surface heat budgets (W m~2) over ocean and land. Qg is the net radiation
budget, Qk is the latent heat of evaporation, QW is the upward conduction of heat and Qy is the net
heat flux into the ocean

Ocean Land
Latitude zone Qr Qe QH Qr Qr Qe QH
50-70°N 40 63 16 -39 33 22 I
30-50°N 98 107 11 —-20 70 31 39
10—30°N 128 130 9 —11 94 33 6l
10°S—10°N 154 128 6 20 96 66 30
30-10°S 122 128 8 —14 96 46 50
50-30°S 67 73 6 —12 69 33 36
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To gain an impression of the variations in surface heat fluxes over the
ocean, the annual average of the net heat flux, Qr, is shown in Figure 5.3 for
the global ocean, calculated from three decades of observations by voluntary
observing ships. Large heat losses of over 100Wm™2 are seen over the
Kuroshio, Gulf Stream, North Atlantic Current and Norwegian Current. The
latter warm current extends into the Arctic Ocean. The large heat losses in
the western North Atlantic are caused by a combination of the high sea
surface temperatures and the frequent outbreaks of cold, dry air from the
North American continent in winter. A similar explanation can be applied
for the large heat loss over the Kuroshio where very cold air from the Asian
continent spills out over the Western Pacific Ocean in winter.

In the Southern Hemisphere, the major area of heat loss is to the south of
Africa, where the warm Agulhas Current extends into the Southern Ocean.
Other areas of cooling occur both to the east and west of Australia, and
over the Southern Ocean. Strong cooling would also be expected around the
Antarctic Continent, where very cold air from the continent will spread over
the adjacent ocean.

Heat gain by the ocean occurs generally throughout the equatorial zone
and along continental margins. These regions are associated with upwelling
of cooler waters from the thermocline and the lower sea surface temperatures
reduce the heat loss by evaporation. The eastern equatorial Pacific Ocean
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Figure 5.3 Annual mean net heat flux over the global ocean W m~2. Reproduced, with permission,
from Ocean circulation and climate Seidler, G., Church, J. and Gould, J. Ocean Heat Transport by H.L.
Bryden and S. Imawaki Plate 6.1.4 715pp. See plate section for a colour version of this image
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has the most intense net heating in the global ocean. These cold upwelling
zones are generally found along the western and eastern African coasts, and
western American coasts.

In summary, the long term net heat flux into and out of the ocean is mainly
controlled by the latitudinal variation of the solar radiation and the heat loss
by evaporation. The latter process is strongly influenced by ocean currents
and the upwelling of cooler water to the surface.

It will now be shown how the distribution of the net heat flux across the
ocean surface can be related to the transport of heat in the ocean.

First, consider the heat budget for a slab of ocean extending across an ocean
basin and over the whole depth. For the conservation of heat (Figure 5.4)

So+Tiy1 —Ti=Qr (5.9)

where S, is the change of storage of heat in the slab which is proportional to
the rate of change of mean temperature. T; and T; 1 are the net horizontal
transports of heat into and out of the slab. Their difference T; 1 — T; is known
as the heat flux divergence. Equation 5.9 shows that a net heat flux, Qr, into
the ocean must be accompanied by either a change in the heat storage, S,
or by the net transport of heat out of the slab. To obtain the heat transport
across the boundary of each slab, it is assumed that the northward flux
across the strip closest to the Antarctica continent is zero. Hence, by summing
consecutive strips northwards, T; 4 1 can be obtained:

Tiy1=Qr — So + T (5.10)

The small contributions of frictional dissipation by tides and currents, by
precipitation and by radioactive decay in the Earth’s interior have all been
neglected. All of these factors contribute less than 1 Wm~? to the net heat flux
(see Section 9.1). In the ocean, and in marked contrast to the land surface, the
storage component, S,, can be as large as the net heat flux, Qr , during the
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Figure 5.4 Change in heat storage So for an ocean basin caused by difference in horizontal heat
transports, T+ | — T;, between two latitudes and the net heat flux across the ocean surface, Qt
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seasonal cycle because of the important role played by the ocean increasing
the thermal inertia of the atmosphere — ocean system (see Section 1.4).

Figure 5.5 shows a map of S, Ti+1 — T and Qr for the Northern Hemi-
sphere during the seasonal cycle. Comparison of S, and Qr shows the large
accumulation of heat in the middle latitudes during the summer, and the
release of that stored heat during the winter (see Section 3.6) However, it
is noted that the middle-latitude heat loss in winter is greater than the heat
accumulated in summer, and therefore there must be a poleward flux of
heat to maintain the balance. This flux is, on average, about 2-3 petawatts
(1 petawatt = 10'° watts) at 25°N.

The seasonal change of heat storage occurs mainly over the upper
100-200 m of the ocean, except in high latitudes of the Atlantic Ocean where
it occasionally occurs to depths of 1000 m. It is also noted that, averaged over
the seasonal cycle, the storage term tends to cancel out, and it is therefore
reasonable to assume that, over a long period of observations, say three
decades, the change in storage will become small and a balance between
the transport of heat and the net heat flux across the surface will occur
(equation 5.10). This is a steady-state assumption which implies that, in the
long term, the mean ocean temperature is a constant. Measurements of the
change in global ocean heat storage from 1950 to 2009 in upper 0-700 m
have shown an increase equivalent to an additional heat flux of 0.3 Wm~™2.
This warming is associated with the increase in the greenhouse gases. When
this is compared with the net heat divergence shown in Figure 5.5, the
steady-state assumption yields an error which is generally less than 1%.

Figure 5.6 shows the long-term mean meridional transport of heat in the
ocean, estimated by applying equation 5.10 to each ocean basin. Of particular
interest, is the difference between the Atlantic and Pacific Oceans. In the
Atlantic Ocean there is a northward heat flux throughout the whole ocean
which is maintained by a net heat flux from the Indian and South Pacific
Oceans. True heat transfe